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ABSTRACT 
 
Paleosols are ancient soils that possess information about the earth’s environmental 
and climatic conditions in the past. Buried paleosols are formed by the burial of surface 
horizon soils by younger layers of sediments over time. Holocene buried paleosols in 
Nebraska at the Bignell Hill, Old Wauneta Roadcut (OWR), and Farwell Locality were 
studied to better understand the organic carbon storage for over a thousand years.  
All three sites are located in Nebraska. The Bignell Hill and the OWR sites occur in 
an upland setting, and the Farwell Locality is in an alluvial setting. The stratigraphic 
sequence (top to bottom) of the upland sites consists of the Bignell Loess, which buries 
Peoria Loess, and a dark colored soil called Brady Soil that is developed in the upper part of 
the Peoria Loess. The Brady Soil is easily recognized and identified by a dark horizon in the 
soil profile that is thoroughly burrowed by insects, including cicada nymphs. The Farwell 
Locality is located near the Nebraska-Kansas border, along the South Fork of the Big 
Nemaha River. The Farwell Locality (site 65-2) occurs in the Late Gunder Member of the 
Deforest Formation, in an alluvial landscape. 
At the Bignell Hill and OWR sites, the organic C content of the Brady Soil was 
greater than that of the overlying Bignell Loess. The organic C content ranged between 
0.32% and 0.74%, and 0.43% and 0.81% for the Bignell Hill and OWR sites, respectively. In 
contrast to the typical depth distribution of organic C in most soils, which decreases with 
increasing depth, the organic C concentration of the Brady Soil was the least at the top 
horizon of the soil. The clay content at both sites was relatively low, with an average content 
between 20-25% at both sites. Smectite was the dominant layer silicate mineral, and there 
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appeared to be no relationship between organic C content and smectite content of the 
paleosols. Stable carbon isotope data at both the Bignell Hill and OWR sites suggest a mixed 
C3/C4 plant community that occurred during the development of the Brady Soil, and shifted 
to C4 vegetation at the end of the Brady Soil pedogenesis. 
The organic C content was relatively high in the comparable paleosols at the Farwell 
Locality. Organic C concentration ranged between 0.65% and 1.52%, and it increased 
upwards with depth. Charcoal fragments from human activities are likely to have contributed 
to the high organic C concentration of 1.52% in the buried paleosol horizon 2Ab1. The stable 
isotope carbon values indicate that when the paleosol was at the land surface, there was a 
C3/C4 mixed plant community, but it was dominated by C3 vegetation. Throughout the soil 
profile, the clay content was greater than 30%. Smectite was the dominant layer silicate, and 
its concentration was fairly uniform with depth. The amount of organic C in the paleosols 
may have been preserved due to rapid sediment deposition from alluvial sources 
Long-term storage of organic C in the buried surface horizons of the paleosols of this 
study does not appear to be controlled by the association of soil organic matter with layer 
silicates or Fe oxides. Instead, it is likely that microbial degradation has been very slow since 
the time of burial. After burial, microbes continued to degrade plant residues such as 
cellulose, lignin, and proteins into low molecular weight C compounds (amino acids, other 
organic acids, sugars), to produce energy. The organic C content observed in the buried 
paleosols is likely composed of carbon that has been assimilated by microbes in the buried 
paleosols.  
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CHAPTER 1 
INTRODUCTION  
 
1.1 Soil Organic Matter 
Soil organic matter is essential and important in soils, but only makes up only a few 
percent of soils. The range of soil organic matter varies from less than 0.1% in desert soil to 
approximately 100% in organic soil (Schnitzer, 1982). However, the importance of soil organic 
matter greatly influences soil properties such as bulk density, soil color and water-holding 
capacity (Nelson and Sommers, 1982). Soil organic matter can be defined as the fraction of soil 
that consists of plant, animal, and microbial residues, both fresh and at different stages of 
decomposition and including newly synthesized chemical and biological products.  
Soil organic matter consist of the organic material that passes through a 2-mm sieve, 
along with the inorganic soil materials (Nelson and Sommers, 1982). It is estimated that in 
predominantly in organic soils, 65 to 75% of the organic matter is composed of humic 
substances. The rest is composed of polysaccharides and protein-like substances.  
1.1.1 Soil organic matter compounds 
The majority of soil organic matter is composed of humic substances that make it 
possible for mineral particles and soil organic matter to interact. Three humic substances, humic 
acid, fulvic acid, and humin, can be fractionated based on the chemical structure of the 
compounds. After humic substances are extracted from the mineral materials by a strong base 
solution, the pH is lowered to ~2. At this point, the humic acid will be precipitated, and fulvic 
acid will remain in solution. Humic acid is soluble in a basic solution but not in an acid solution, 
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while fulvic acid is soluble in both a strong base and strongly acidic solution. Humin is defined 
as the organic material in soil that is insoluble in either base or acid (Schnitzer, 1982). 
Non-humic products are present in soil organic matter, but these products can be 
identified based on the physical and chemical characteristics. These include: waxes, amino acids, 
proteins, peptides, alkanes and low molecular weight organic acids. Non-humic substances are 
usually short-lived due to attack by microorganisms that breaking them down and create humic 
substances (Schnitzer, 1982).   
 
1.2 Stabilization of Organic C in Soils 
Soil minerals have been observed to control the stability of soil organic matter (SOM) 
content through mechanisms that protect against biological attacks. Phyllosilicate soil minerals 
generally influence organic carbon stabilization in soils. Stabilization can be defined as a 
decrease in the potential for SOM loss by respiration, erosion, or leaching (Sollins et al., 1996). 
Three major factors influencing the stabilization of SOM in the soil are chemical 
stabilization, physical protection, and biochemical stabilization. Chemical or physicochemical 
stabilization refers to the binding of soil organic matter with soil phyllosilicate minerals and/or 
sesquioxides. This molecular-scale interaction decreases the bioavailability of organic matter, 
probably by complexation and conformational changes of functional groups. Ubiquitous 
evidence suggests that ligand-exchange of the carboxyl groups of SOM and the hydroxyl groups 
at the surfaces of mineral phases is of significant importance in the long term stabilization of 
SOM (Kaiser and Guggenberger, 2000; Kleber et al., 2005). 
Physical protection provides protection of accumulating SOM through the process of 
aggregation. As a result, microbes and enzymes, along with their substrates, are barred from 
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interacting with SOM by clay minerals, thus regulating food web interactions and ultimately 
microbial turnover (Six et al., 2002; Sollins et al., 1996). Biochemical stabilization refers to the 
stability against biochemical decay due to chemical composition of organic matter, which may 
include recalcitrant compounds (such as lignin-derived aromatic compounds, melanoidins, some 
tannin, and polyphenols as well as some aliphatic compounds). 
 
1.3 Paleosol Characteristics 
Paleosols are fossil soils, and they may contain remnants of preserved plant material for a 
long period on a geological time scale. Paleosols provide a better understanding of the earth’s 
past environmental conditions and a record of the climatic conditions in the past. Therefore, 
paleosols are a powerful tool that can be used to reconstruct the earth’s paleo-climatic and paleo-
environmental conditions when they were formed on the landscape (Ruhe et al., 1974; 
Thompson et al., 1992; Woida and Thompson, 1993). Numerous characteristics such as: organic 
matter content, color, texture, mineralogy, plasma fabric, and lateral continuity on the landscape, 
are used to identify paleosols (Kuzila, 1995). Hence, morphological and chemical properties of 
paleosols provide information about the conditions of the land surface in past. 
1.3.1 Types of paleosols 
The three main types of paleosols are buried, exhumed, and relict. Location relative to the 
landscape defines each of the three main types of paleosols. According to Olson and Nettleton, 
(1998) and Ruhe and Daniels, (1958), buried paleosols “formed on pre-existing landscapes and 
were subsequently buried by younger sediment or rocks.” Buried paleosols can be identified 
because younger sedimentary materials mantle them. Valentine and Dalrymple, (1976) state 
“Buried paleosols have been used either to separate deposits of different ages within vertical 
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sections or to correlate deposits of the same age from one section to another by associating soils 
laterally across the buried landscape.” Buried paleosols provide valuable archived data for paleo-
climatic and paleo-environmental reconstruction. Exhumed paleosols are those that have been 
buried but are now exposed by erosion of the younger sediments. Relict paleosols “are soils that 
formed on pre-existing landscapes, but were not buried by younger sediment.” Hence, they 
remain at the land surface from their formation to present (Ruhe and Daniels, 1958). 
A number of chemical methods are employed to identify paleosols and to derive archived 
information to reconstruct the paleo-environment, paleo-pedology, and paleo-climate. In 
particular, stable carbon isotopes within buried paleosols can provide information about the 
photosynthetic pathway of two groups of plants (C3 vs. C4), that were present during the 
formation of paleosols. Soil organic carbon (SOC) content is an essential tool in identifying 
paleosols. A high SOC content reflects a high organic matter content, which can be interpreted as 
organic material that was once present at the land surface. Fe oxide concentrations can provide 
useful information about soil development and weathering. However, field observations play a 
vital role in establishing the stability of the landscape in past, because the occurrence of buried 
paleosols often implies landscape stability (Mahaney and Fabey, 1988).  
 
1.4 Holocene Period 
The Holocene is defined as the last 11,500 years of earth’s history. During the Holocene, 
changes of the landscape made it possible for modern soils to evolve into what they are today. In 
addition, global climatic changes led to retreating glaciers that left debris behind due to a warmer 
climate. These changes resulted in stratigraphic boundaries in sediments as they were deposited 
across the landscape, leaving a story to tell in today’s soils. Not only was the Holocene a period 
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in which the evolution of earth’s climate and landscape was occurring, but there was also an 
imprint of the human impact on the movement and transformation of soils across the landscape. 
1.4.1 Holocene vegetation  
Holocene vegetation throughout the Midwest consisted of a mixed vegetation community 
of prairie and forest plants. During the early Holocene, the vegetation on the uplands and 
lowlands was dominated by prairie species, but shrub plants such as: spruce, black ash, larch, 
and sedge were present as well. Sometime shortly after 10,000 yr BP, prairie and shrubs species 
were replaced by deciduous forest species mainly on the lowlands, including oak, sugar maple, 
birch, elm, hornbeam, along with fir (Baker et al., 1992). 
The deciduous species dominated until 8000 yr. BP. Between 8000 and 3800 yr. BP, 
prairie species including: ragweed, wormwood, goosefoot group, and the sedge family prevailed. 
At approximately 3800 yr. BP, scattered oak vegetation was prominent, suggesting that an oak 
savanna was dominant (Ruhe et al., 1974; Jacobs and Mason, 2005; Mason et al., 2008). The 
population density of trees during this period increased significantly. The vegetation boundary 
between prairie and forest coincides with the climatic boundary throughout the Holocene. 
1.4.2 Holocene climatic conditions 
Three air masses were present in the US Mid-Continent during the Holocene: dry Pacific 
air, maritime tropical air from the Gulf of Mexico, and continental air from the north (Baker et 
al., 1992). The predominance of warm, Pacific air during the early Holocene caused climatic 
warming that controlled the extent of prairie vegetation. However, maritime tropical air 
prevented the eastward movement of warm, Pacific air to southern Wisconsin and eastern Iowa 
from the early Holocene to 5500 yr BP and deciduous forests prevailed (Baker et al., 1992). 
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Between 5500 and 3000 yr BP, dry Pacific air moved more frequently to the east, because it was 
not so often blocked by tropical maritime air. 
Continental air supported conifer hardwood forests, but after 3000 yr BP the airflow 
increased and some forest elements migrated southward throughout the Midwest (Baker et al., 
1992). Therefore, during the early Holocene to about 5500 yr BP southern and eastern sections 
of the Midwest experienced a wetter climate, while southwestern and western sections of the 
Midwest experienced a warmer, drier climate (Baker et al., 1992). With the increase of warm, 
dry, Pacific air to the east, the vegetation in the Midwest was predominantly prairie (Jacobs and 
Mason, 2005). 
  
1.5 Phyllosilicate Clay Minerals 
In soils, approximately 50% of the volume is made up minerals, creating pores that hold 
air and water to support plant growth. Most minerals present in the soil contain silicon (Si). A 
general chemical formula of the silicate portion of phyllosilicate minerals is Si2O5
2
-, indicating a 
-1 charge per Si and a silicon-to-oxygen ratio of 0.4. The number and types of cations present in 
the crystal layer structure, as well as its dioctahedral or trioctahedral character, differentiate the 
types of phyllosilicate minerals (Barré et al., 2014). Soil phyllosilicate minerals may be inherited 
from parent materials, transformed from other minerals in water–rock interactions, or neoformed 
in the soil. It has been observed that soil phyllosilicates are usually less than 5 µm in diameter 
and are extremely diverse. 
Phyllosilicate minerals are composed of layers and sheets of silicates. Two groups of 
phyllosilicates minerals exist: those with a 1:1 layer structure and those with a 2:1 layer 
structure. Planes of cations are covalently linked to adjacent oxygen ions to form sheets. The 1:1 
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layers consist of one tetrahedral sheet (in which cations are coordinated by four oxygens or 
hydroxyls) and one octahedral sheet (in which cations are coordinated by six oxygens or 
hydroxyls). However, the 2:1 layer phyllosilicates minerals consist of one octahedral sheet that 
occurs between two tetrahedral sheets. Tetrahedral units are occupied by Si
4+
 ions that can be 
substituted for by Al
3+
 ions. In an octahedral sheet, octahedral units are occupied by trivalent or 
bivalent cations (Schulze, 2002). A mineral with only bivalent cations occupying the octahedral 
unit will have all possible positions filled with cations, making it a trioctahedral mineral. Where 
two out of three positions in the octahedral sheet are occupied by trivalent cations, with the third 
position vacant, the sheet is termed dioctahedral (Schulze, 2002). 
In the tetrahedral and octahedral sheets, the cations present can be partially replaced by 
other cations with a lower charge (e.g., Al
3+
 may replace Si
4+
 in the tetrahedral sites; Mg
2+
 may 
replace Al
3+
 in octahedral sites). This process is called isomorphic substitution, and it leads to a 
net ‘permanent’ negative charge in the clay layer, which is compensated by cations that are 
absorbed at the mineral’s surface. Isomorphic cation substitution occurs frequently in 2:1 
phyllosilicates, but it is less common in 1:1 phyllosilicates. Therefore, 1:1 phyllosilicates have a 
low permanent charge. However, depending on pH conditions, pH dependent charge corresponds 
to the surface hydroxyls situated at the broken edges that can be ionized. The four major soil 
phyllosilicate minerals are smectite, kaolinite, mica and vermiculite (Essington, 2004). 
1.5.1 Smectite 
In temperate region soils, smectites are the most important soil minerals because their 
high surface and adsorptive properties leads to high chemical activity. Dioctahedral smectites 
(montmorillonite, beidellite, and nontronite) are more common in soils than trioctahedral 
smectites. The smectite group consists of 2:1 phyllosilicate minerals, with a layer charge 
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between 0.2 and 0.6 mole per formula unit (Reid-Soukup et al., 2002). Isomorphic substitution of 
some Si
4+
 ions for Al
3+
 ions in
 
the tetrahedral sheet may lead to a net permanent charge of ~0.2-
0.6 moles of charge per formula unit. Isomorphic substitution can also occur in the octahedral 
sheet of smectites. The excess negative charge is balanced by interlayer cations (e.g., Ca
2+
, 
Mg
2+
), that are located between the 2:1 layers. The interlayer cations are hydrated by water 
molecules (Reid-Soukup et al., 2002). Because of the relatively low layer charge in smectites, 
cations in the interlayer are exchangeable and can be easily displaced, as they are not tightly held 
in the smectite structure. 
Smectite layers swell when water enters the interlayer region and forces the layers apart. 
The distance between the separated layers is influenced by the interlayer cation type present, the 
ionic strength or osmotic potential of the solution used for saturation, and the presence or 
absence of small polar organic molecule such as (ethylene glycol or glycerol). If the interlayer 
cations are Mg
2+
 or Ca
2+
, they can be saturated with glycol or glycerol, and the repeating 
distance between identical planes of atoms in the smectite crystal (the d-spacing) will be 1.4 to 
1.6 nm (glycol) and 1.7 to 1.8 nm (glycerol). If the interlayer cations are hydrous K
+
 or Na
+
 a d-
spacing of 1.2 nm is found (Essington, 2004).  
1.5.2 Vermiculite 
Vermiculite is a 2:1 phyllosilicate mineral with the parent mineral being mica minerals. 
Vermiculite has a layer charge between 0.6 and 0.9, originating in the tetrahedral layer. The 
negatively charged 2:1 layers are held together by ionic interactions with interlayer cations 
(Malla and Schulze, 2002). Layer charge may be satisfied by exchangeable interlayer cations 
(e.g., Mg
2+
 and Ca
2+
) that will allow the internal surfaces to be accessible to water molecules. 
However, vermiculite has a strong preference for weakly hydrated cations (e.g., K
+
, Cs
+
, and 
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NH4
+
). If the vermiculite interlayer is saturated with K
+
 cations, it will have a d-spacing of 1.0 
nm; the d-spacing will be1.45 nm when saturated with Mg
2+
 and glycerol (Essington, 2004).  
1.5.3 Clay mica  
Micas are also 2:1 layer silicates. Micas in soil clay fractions are referred to as clay mica. 
The main source of clay mica is weathering of igneous and metamorphic rocks as well as 
sediments derived from these rocks. Common mica minerals are muscovite, biotite, and 
phlogopite. Muscovite is the most common form found in the soil (Thompson et al., 2002). 
Because of isomorphic substitution, a charge deficit of 0.8 to 1 equivalent per formula unit 
occurs in clay mica. This is due to Al
3+
 substituting for Si
4+ 
in as many as one fourth of the 
tetrahedral sites. The charge deficit is compensated by the interlayer cations (K
+
) that bridge 
adjacent 2:1 layers through ionic bonds. Clay micas are not expandable and have a 1.0-nm d-
spacing (Essington, 2004). Clay mica (muscovite) is more resistant to weathering in comparison 
to biotite and phlogopite, but it may weather to smectite or vermiculite with the release of K
+
 
ions and their replacement by hydrated exchangeable cations. 
1.5.4 Kaolinite   
Kaolinite is formed in soil by the weathering of primary and secondary minerals. 
Kaolinite is a 1:1 dioctahedral phyllosilicate mineral with minimal isomorphic substitution in the 
octahedral and tetrahedral sheets. The 1:1 layers of kaolinite and adjacent layers are held 
together by hydrogen bonding, which makes the layer difficult to separate (White et al., 2002). 
Kaolinite possess little to no permanent charge due to little isomorphic substitution, making it a 
fairly stable mineral resistant to weathering in the soil (Essington, 2004). However, minor 
substitution may occur, generating a very small layer charge. Since kaolinite layers do not 
separate, the specific surface area is low and ranges between 10 and 20 m
2
 g
-1
. At 0.71 to 0.73 
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nm, the d spacing of kaolinite does not vary with external environment conditions (e.g., soil 
moisture). 
 
1.6 Fe Oxides 
Fe oxides are good indicators of the intensity of weathering and drainage condition of 
surface and buried soils. The Fe oxide content can be used to interpret the genesis and soil water 
fluctuations in weathered soils. According to Mahaney and Fabey, (1988), the accumulation of 
Fe oxides can be a useful tool in interpreting the weathering intensity of the soil, and the amount 
time needed for the translocation and movement of Fe oxides. Numerous studies have shown the 
ability of soils to retain C is due to the capacity of non-crystalline minerals to stabilize organic C 
for thousands of years (Jardine et al., 1989; Torn et al., 1997). 
 
1.7 Objectives  
The overall objective of this research project is to better understand the role of clay mineralogy 
in the stabilization of organic C in buried Holocene paleosols. The thesis focused on clay 
mineralogy and organic C in Holocene buried paleosols in both upland and alluvial settings. The 
organizing framework included the following hypotheses: 
1. The long-term stabilization of soil organic C in a buried paleosol can be correlated with 
the quantity and kind of clay minerals in the paleosol. 
2. The abundance of layer silicate clay minerals in a paleosol vary with the soil’s parent 
material and degree of weathering. 
3. The abundance of Fe oxides can be correlated with the abundance of organic C in 
paleosols. 
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4. The soil organic C found in the paleosols is derived from vegetation (C3 and C4 plants) 
and reflects the vegetation when the paleosol was at the land surface. 
Alternatively, if layer silicates (e.g., smectite) and/or Fe oxides are not correlated with stable 
organic C found in buried paleosols, organic C storage in buried paleosols maybe a reflection 
of slow decomposition and cycling of organic C in microbial biomass.  
 
1.8 Thesis Format 
This thesis is structured in five chapters. Chapter 1 includes the general introduction to 
the thesis providing background information on paleosols, soil organic matter, layer silicates, and 
the Holocene. Chapter 2 contains a literature review regarding relevant information about buried 
paleosols in upland and alluvial settings that is discussed in the thesis. Chapter 3 includes the 
materials and methods used in the research. Soil morphological descriptions, lab analyses 
including particle size distribution; pH; dithionite extraction of Fe, stable carbon isotopes (δ 13C); 
and x-ray diffraction (XRD) procedures used in analyzing and interpreting the clay mineralogy 
are presented as well. Chapter 4 includes a discussion of the results of the study of buried 
paleosols in the upland and alluvial sites. Chapter 5 includes the general conclusions that can be 
derived from the results. A list of references and appendices close the thesis. 
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CHAPTER 2 
LITERATURE REVIEW  
 
Loess is widespread across vast areas of the North American midcontinent. Aeolian 
sediment deposited during the Late Quaternary formed a loess belt across the Great Plains. There 
are three Late Quaternary loess units in the central Great Plains. From oldest to youngest, they 
are the Gilman Canyon Formation, Peoria Loess, and the Bignell Loess; they have been 
identified in Nebraska, Kansas and other states in the Great Plains. The Gilman Canyon 
Formation is less than 2 m thick and contains one or more paleosols that consist of a well-
developed A horizon that is thoroughly burrowed (Bettis III et al., 2003b). Overlying the Gilman 
Canyon Formation is Peoria Loess. Peoria Loess is the thickest loess unit (47 m thick) in 
southern Nebraska (Bettis III et al., 2003b). In other parts of the Great Plains, Peoria Loess is the 
youngest silt material that can be identified in the field. At some sites, a buried A horizon called 
the Brady Soil is developed in the upper Peoria Loess. The Brady Soil is identified by the 
presence of extensive burrowing, which separates the Peoria Loess from the Bignell Loess 
(Jacobs and Mason, 2004). 
 
2.1 Sediment Stratigraphy 
Buried soils are good indicators of the paleo-environmental conditions that occurred 
during the Holocene in the U.S. Great Plains. Buried soils within dune fields consist of materials 
being reworked over time, leading to major lithological discontinuities. Located in southwestern 
Nebraska, the Bignell Hill site is a part of the Nebraska Sand Hills, with major unconformities 
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derived by aeolian sediment deposition. The lithologic order from older to younger is Peoria 
Loess, in which the Brady Soil is developed, which separates the Bignell Loess from the Peoria 
Loess (Jacobs and Mason, 2004). 
2.1.1 Upland sites stratigraphy and buried soils 
Peoria Loess was deposited in the Late Quaternary during the last glacial period; it is 
dated ca. 25,000 to 12,000 
14
C yr. BP (Muhs et al., 2008). There is no clear evidence of the 
primary source of Peoria Loess, but it has been suggested that a possible source was the outwash 
from the Laurentide Ice Sheet, part of which was in Nebraska and adjacent to the Missouri River 
(Muhs et al., 2008). Mason, (2001) suggested that Peoria Loess in Nebraska was transported 
from the central Great Plains by northerly winds, but the Laurentide Ice Sheet was not 
necessarily a direct source. In addition, “Loess deposition just before the last glacial maximum 
and the end of Peoria Loess accumulation near the Pleistocene-Holocene boundary were 
primarily responses to climatically inﬂuenced changes in vegetation cover and dust production in 
unglaciated landscapes” (Mason, 2001).  
The lowermost Brady Soil has been radiocarbon dated to ca. 13,800 to ca. 11,700 cal yr 
BP (Muhs et al., 2008). The Brady Soil has a dark A horizon with a relatively high organic 
carbon content and typically has a A/Bk1/Bk2/C horizon sequence. Previous work suggests that 
the Brady Soil was formed on a stable landscape (Mason and Kuzila, 2000). Significant evidence 
of bioturbation is present in the Brady Soil. Jacobs and Mason, (2007) stated that the Brady Soil 
had time to form because of a reduction in the deposition rate of loess material. 
After formation of the Brady Soil, loess deposition resumed in Nebraska during the 
Holocene. Muhs et al. (2008) reported that there were three episodes of renewed loess deposition 
after the formation of the Brady Soil. They occurred during these periods: 11,000 - 6300, 4700 – 
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1100 and 1100 cal yr B.P. to the present. Evidence at the Old Wauneta Roadcut site indicates 
that multiple first episodes of Holocene loess deposition occurred. The first episode of Holocene 
loess deposition resulted in burial of organic matter in the soil at the landscape surface, 
preserving the Brady Soil. In contrast, only one period of Holocene loess deposition occurred at 
the Bignell Hill site, resulting a thin Bignell Loess in comparison to the Old Wauneta Roadcut 
site.  
At the Bignell Hill and Old Wauneta Roadcut sites, the Brady Soil is well developed in 
comparison to the modern surface soils. At both sites, Bignell Loess overlies the Brady Soil, 
which has been dated back to 8330 yr BP at the Bignell Hill site (Maat and Johnson, 1996), and 
9090+550 cal yr. BP at the Old Wauneta Roadcut site (Miao et al., 2005). The Bignell Loess at 
the Old Wauneta Roadcut site is approximately 6 m thick (the thickest exposure of Bignell Loess 
identified to date), while it is <1 m thick at the Bignell Hill site (Bettis III et al, 2003a). 
According to Bettis III et al. (2003b), the thickness of the Bignell Loess at the Old Wauneta 
Roadcut site is due to topographic effects caused by northerly winds sweeping over the edge of 
an escarpment facing north toward the dune field. The coarser and heavier sediments were 
deposited a short distance from the dune fields. 
The Bignell Loess thins rapidly with distance (southeast from the dune fields), i.e., where 
wind speed was reduced. This is consistent with the thickness of the Bignell Loess at the Old 
Wauneta Roadcut site in comparison to Bignell Loess at the Bignell Hill site. Jacobs and Mason, 
(2007) states that the ultimate source of silt and clay is unknown, but the particles were 
transported through the sand sheets and dune fields. However, river sources (e.g., Platte River) 
cannot be rule out as  a possible contributing source (Bettis III et al., 2003b). 
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2.1.2 Alluvial site stratigraphy and buried soils 
The Farwell Locality is located near the South Fork of the Big Nemaha River, 
southeastern Nebraska. The floodplains support prairie grasses and riparian trees. Along the 
South Fork of the Big Nemaha River, Holocene alluvial deposits are composed of fine-grained 
sediments that match the DeForest Formation. The DeForest Formation consists of alluvial fills 
that are similar to lithological units first recognized in the Loess Hills in western Iowa (Baker et 
al., 2000). At the Farwell locality, five members of the DeForest formation are recognized 
(Mandel and Bettis, 2001). From youngest to oldest, the DeForest Formation has five members: 
the Camp Creek (post-settlement alluvium), Robert’s Creek, Gunder (Early and Late), Honey 
Creek, and Corrington. They are distinguished by differences in lithology and cutting 
relationships. In addition, these members differ in age, fossil association, and in some cases 
landscape position (Baker et al., 2000). 
The Camp Creek member is usually a few centimeters to well over 6 m thick; it includes 
the surface soils that are Entisols and that have a thin A horizon enriched with organic matter. 
Sediments in the Camp Creek member probably accumulated after 500 yr BP. The Roberts 
Creek member is a dark colored, clayey, silty and loamy alluvium found mainly as channel fills 
at the Farwell Locality.  
The Roberts Creek member can overlie the Gunder and Corrington members, but it is 
separated from the Camp Creek member by a buried soil (Mandel and Bettis, 2001). The Roberts 
Creek member commonly has an A-C or A-Bw sequence. Where it occurs at the land surface, the 
surface soil is a thick, dark-colored Mollisol. In comparison to soils developed in the older 
Gunder and Corrington members, soils developed in the Robert’s Creek member have a less 
developed B horizon (Mandel and Bettis, 2001).  
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The Gunder member consists of early and late units, and both units are made up of 
oxidized, dominantly silty, and loamy alluvium. The Early Gunder unit is composed of a 
strongly oxidized fill that dates 10,500 yr BP at the base to 4000 - 5000 yr BP at the surface. The 
Late Gunder unit is made up of moderately oxidized fill dating 4500 - 4700 yr BP at the base to 
2000 yr BP at the surface. Surface soils that developed in the Late Gunder unit are thick 
Mollisols with a brown or yellowish brown Bw or Bt horizon (Mandel and Bettis, 2001).  
The Honey Creek member is inset into the Late Gunder Member laterally, making the 
pedogenic boundary slightly blurred. The Honey Creek member consists of horizontally 
stratified silt loam alluvium; weakly expressed A-C and A-Bw buried soils are common. The 
Honey Creek sediments accumulated during the late Holocene between 3700 to 1000 yr BP 
(Mandel and Bettis, 2001).  
The Corrington member underlies alluvial deposits, which consists of oxidized loam and 
clay loam with traces of sand and gravel. Surface soils developed in the Corrington member are 
thick Mollisols with argillic horizon (Bt), although some have cambic (Bw) horizons. The 
Corrington member grades laterally into the Gunder member, and it was deposited between 9000 
to 3000 yr BP (Mandel and Bettis, 2001). 
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Fig. 1 (A) Stratigraphy of the Bignell Hill site (Muhs et al., 2008; USGS Platte River Basin 
Project). (B ) Stratigraphy of the Old Wauneta Roadcut (Miao et al., 2016). (C) Stratigraphy of 
the Farwell Locality (Baker et al., 2000; Alnsour, 2013). 
 
B 
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2.2 Buried Paleosols  
Soils that developed in aeolian and alluvial landscapes across the Great Plains, but that 
are now buried, have been studied to better understand the process of organic C storage. During 
the Late Quaternary and Holocene periods, sediments were buried by aeolian and alluvial 
depositional processes. In addition, recent environmental changes driven by human activities 
have promoted landscape changes that have led to rapid deposition of sediments. Paleosols 
present a challenge in interpretation because of the influence of landscape geomorphology and 
climate history (Baker et al., 2000). Buried paleosols can contain amounts of soil organic carbon 
(SOC) content that are as high as modern surface soils. The long-term storage of SOC in buried 
paleosols is affected by multiple pedogenic, biotic, and geomorphological factors (Baker et al., 
2000). Both pre-and-post environmental conditions during burial influence the persistence of 
organic matter in deeply buried paleosols. In addition, the environmental conditions at the time 
of deposition will affect the SOC content within buried paleosols.  
The SOC in buried paleosols consists of two naturally occurring stable carbon isotopes 
(i.e., 
12
C and 
13
C) that are used in paleo-environmental reconstruction of the ecological 
community at the time of burial. Thus, stable carbon isotopes are used to infer information about 
the climatic conditions during paleosol formation. The two naturally occurring carbon isotopes in 
buried paleosols are 
12
C (98.9%) and 
13
C (1.1%) (Feggestad et al., 2004). Carbon isotopes in 
paleosol organic matter are used to estimate the proportion of C3 to C4 plants that were once 
present at a site. Plants that utilize the Calvin-Benson photosynthetic pathway are called C3 
plants, while plants that utilize the Hatch-Slack photosynthetic pathway are called C4 plants 
(Bender, 1971). All plants discriminate against 
13
C, but C3 plants discriminate more than C4 
plants do (Feggestad et al., 2004). C3 plants are trees, shrubs, and grasses that grow during the 
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cooler and wetter months of the year, whereas C4 plants are warm season grasses that grow 
during the warmest and driest months of the year (Feggestad et al., 2004).  
2.2.1 Dust accumulation and stable carbon isotopes in paleosols at upland sites 
Dust accumulations on the land surface play a role in the preservation of SOC because 
dust deposition buries the landscape. If accumulations slow, the deposited dust particles can 
increase the solum thickness. The mineralogy of the dust and the distance from the dust source 
may affect the SOC storage potential (Chaopricha and Marín-Spiotta, 2014). 
Bignell Loess started accumulating 9090 ± 550 yr BP at the Old Wauneta Roadcut site. 
The loess accumulation rate outpaced pedogenesis in the Bignell Loess (Feggestad et al., 2004; 
Jacobs and Mason, 2005). The lack of a well developed buried A horizon, was caused by a dry 
and warm climatic conditions. A dry and warm climate will lead to sediment exposure due to the 
lack of vegetation (trees and shrubs) on the land surface. Fine sediments are more easily 
transported by wind than coarse sediments, and they accumulate at a high rate (Feggestad et al., 
2004). 
During the early to mid-Holocene, C4 grass species dominated the Old Wauneta Roadcut 
site due to dry and warmer periods. C4 grass species possess higher water-use efficiencies and 
are able to dominate the C3 plant species in dry soil conditions (Feggestad, Jacobs, et al., 2004). 
In the Brady Soil (Old Wauneta Roadcut Site) at a depth of 605 cm, the δ 13C value reported by 
Feggestad et al., (2004) was -17.2‰. A δ 13C value of -17.2‰ was interpreted to indicate the 
presence of prairie grasses during the formation of the Brady Soil.  
2.2.2 Formation of paleosols at alluvial sites 
Sediments deposited on stream floodplain bury and stabilize SOC to form paleosols. 
Buried soils provides a better understanding of the environmental conditions of the former 
20 
 
floodplain surface (Mandel, 2008). Buried paleosols formed in alluvium across the U.S. Great 
Plains contain measureable SOC concentrations.  
Baker et al. ( 2000) discusses the use of radiocarbon dating and stable carbon isotope 
analysis of plant fossils in prairie and riparian ecosystems to explain environmental changes that 
occurred across the Great Plains during the Holocene. Five zones (1-5) of plant macrofossil 
along the stream cutback of the South Fork of the Big Nemaha River were designated by visual 
inspection; samples were taken from each zone. The samples were sorted and all wood particles 
and plant tissues were extracted for radiocarbon dating and δ 13C stable isotope analysis. The δ 
13
C stable isotope was used to characterize the plant species (determining the photosynthetic 
pathway) present in each zone. 
Zone 1 was estimated to have been developed approximately 9000-8500 yrs BP. Riparian 
trees (e.g., Ulmus americana, Ulmus rubra, and Morus rubra). Prairie plants were well 
established, including Andropogon gerardii, Schizachyrium scoparium, Sorghastrum nutans, 
and, Sporobolus asper. However, the prairie and weed taxa fluctuated in degrees of expression. 
The vegetation present in Zone 1 indicated a semi-arid climatic condition, as there was enough 
water available for plants to survive the dry periods (Baker et al., 2000).  
Zone 2 (8500-5800 yrs BP) vegetation interpreted from the 
13
C in the organic sediment, 
suggests a warmer climate existed and water availability to plants was extremely low, due to 
limited rainfall for a given period (Baker et al., 2000). Zone 3 (5800-3100 yrs BP) indicated the 
presence of riparian forests, and a well-developed prairie along with wetland plants. The 
presence of well established riparian forests indicates that climatic conditions were wetter in 
comparison to Zone 1 and 2.   
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Zone 4 (310-2700 yrs B.P.) was poorly represented with only two macrofossils. A 
significant change occurred  in Zone 4, as no upland trees were present and only one species of 
riparian tree was present (Ulmus Americana). However, prairie species were abundant and 
diverse with tall prairie species reaching their peak. A strong presence of C4 plants indicates a 
warmer climate in comparison to Zone 3. Zone 5 (2700 yrs B.P. to present) is poorly represented 
with only three macrofossils. Prairie vegetation was sparsely represented, but wetland plants 
were low to moderate and peaked at the present landscape. This suggests that C3 plants in Zone 5 
were well represented, indicating a wetter climate in comparison to Zone 4.  
In this part of the Great Plains, the early Holocene (9000-8500 yrs B.P.) was the driest 
period throughout the entire Holocene. The Middle Holocene (5800-3100) was a semi-arid 
period due to climatic fluctuations that may have promoted landscape stabilization and 
pedogenesis on the floodplains (Baker et al., 2000). A short dry period when fires were common 
occurred between 3100 and 2700 yr BP, resulting in the elimination of riparian forests and the 
thinning of prairie vegetation (Baker et al., 2000). Between 3100 and 2700 yr BP, the organic-
rich Robert’s Creek member was deposited along the floodplains of the meandering South Fork 
Nemaha River. Riparian forests were reestablished after 2700 yr BP, and landscape stability was 
renewed. 
The general trend of a warmer and drier climate fluctuation during the early to mid-
Holocene has been identified at other localities across the Great Plains. For example, at the 
Willems Ranch fan, located in Kansas, a mixed C3/C4 plant community was identified. A general 
shift from a mixed (C3/C4) plant community to C4 plants was observed during the early and 
middle Holocene (Mandel, 2008).  
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2.3 Stabilization of Soil Organic Carbon in Buried Soils 
A positive relationship between fine soil texture and soil carbon content has been 
reported by previous studies (Hassink et al., 1997; Baldock and Skjemstad, 2000; Krull et al., 
2003); other studies (Percival et al., 2000; Kleber et al., 2005) reported poor to no correlations 
between clay and soil C content. In an organic matter decomposition experiment carried out by 
Allison et al. (1949), the amount of organic C that survived decomposition depended on the type 
of clay mineral present. In addition, previous studies (Theng et al., 1986; Six et al., 2002) have 
postulated that 2:1 phyllosilicates would better protect organic C from microbial attack, and 
smectite would be most efficient phyllosilicate mineral. Bruun et al., (2010) stated that “it is 
usually accepted that the SOC stabilizing capacity of clay minerals decreases in the following 
order: allophane < smectite < illite < kaolinite.” In addition to layer silicate minerals, sesquioxide 
minerals play a major role in the long-term stabilization of SOM. 
It has been suggested that the capacity of a given soil mineral matrix to protect SOM is a 
function of the content of poorly crystalline mineral phases (e.g., Fe oxides) in the soil (Kleber et 
al., 2005). It has been observed that organic C storage in non-allophanic temperate soils with 
varying phyllosilicate compositions was in part a function of the abundance of Fe and Al oxides 
(Wiseman and Püttmann, 2006). Iron oxides with high surface areas can coat phyllosilicate 
minerals in soil. The protection of organic C by a kaolinite-dominated clay fraction may depend 
more on oxide coatings and kaolinite-oxide microaggregates than on kaolinite minerals 
themselves (Barré et al., 2014). 
Soil organic carbon long-term storage in buried paleosols is affected by climatic 
conditions, including temperature and precipitation. Jacobs and Mason (2005) state that, 
“increasing temperature enhances microbial respiration, decreasing the amount of SOC storage, 
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while increasing precipitation enhances plant productivity hence the potential to store more C in 
soils.” In addition, clays play a major role in the stabilization of SOC. Jacobs and Mason (2005) 
suggest that clay content is directly related to the mean residence time of SOC storage.  
Bonding between clay surfaces and organic compounds has a stabilizing effect on long-
term SOC storage. The bonds between the clay surfaces and organic compounds form organo-
mineral complexes. Therefore, high surface area clay minerals are important in forming these 
complexes. Clay minerals also assist in SOC storage through aggregation, which ultimately 
physically protects organic compounds. Hence, the vertical distribution of clay content in 
sediments might be an important factor of long-term SOC storage in deep buried soils (Jacobs 
and Mason, 2005).  
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CHAPTER 3 
MATERIALS AND METHODS 
 
3.1 Site Descriptions 
In this study, three sites were investigated: the Bignell Hill site, the Old Wauneta Roadcut 
site, and the Farwell Locality. The Bignell Hill site and the Old Wauneta Roadcut occur in 
upland settings, and the Farwell Locality is in an alluvium setting. All three sites are located in 
Nebraska. 
 
 
Fig. 2 Map of Nebraska showing the location of the Bignell Hill site, Old Wauneta Roadcut site, 
and the Farwell Locality. 
 
3.1.1 Bignell Hill site 
The Bignell Hill site located in Lincoln County, Nebraska (N41°2.240’ W100°36.349’). 
It is a widely studied loess section in Nebraska. It has one of the thickest Peoria Loess deposits 
found to date in western Nebraska, ~ 47m (Bettis III et al., 2003b). However, Peoria Loess 
deposits are less than 4 m thick in the southeastern part of Nebraska (Mason, 2001). The thick 
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Peoria Loess deposit may indicate the most rapid rate of loess deposition recorded anywhere in 
the world (3-5 m/1000 yr on average). The stratigraphic sequence (top to bottom) consists of the 
Bignell Loess, which buries the Peoria Loess and a dark colored soil called the Brady Soil that 
developed in the upper Peoria Loess. The Gilman Canyon Formation lies below the Peoria Loess 
(Bettis III et al., 2003b; Mason et al., 2003). Going from oldest to youngest loess units is the 
Gilman Canyon Formation, Peoria Loess and Bignell Loess. The Gilman Canyon Formation and 
Peoria Loess were deposited during the late part of the Wisconsinan period. Bignell Loess is a 
Holocene loess unit, which began to accumulate approximately 9000-10,000 years before present 
(Jacobs and Mason, 2007). It is believed that the silt and clay that are found in the Bignell Loess 
were transported by winds from sand fields and dune fields to the north and west. 
During the Pleistocene-Holocene transition, the Brady Soil was formed in the late 
Wisconsin Peoria Loess between 9000-10,000 
14
C yr BP. Brady Soils are easily recognized and 
identified by a dark horizon in the soil profile that is thoroughly burrowed by insects, including 
cicada nymphs (Jacobs and Mason, 2007; Miao et al., 2007). Peoria Loess was deposited 
between 12,000 and 25,000 yr BP. Peoria Loess in this part of the Great Plains has no clear 
connection to outwash from the Laurentide ice sheet, and previous studies have suggested that it 
was derived from multiple sources. These include Platte River alluvium; glacial outwash in the 
Missouri River valley; sediments from the Ogallala, Arikaree, and White River Groups; and 
sediments from the Nebraska Sand Hills and other dune fields (Jacobs and Mason, 2007; Muhs et 
al., 2008).  
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3.1.2 Old Wauneta Roadcut site  
The Old Wauneta Roadcut (OWR) site is in the loess-mantled uplands of southwestern 
Nebraska, located in Chase County (N40 ° 30.055’ W101 ° 25.077’). The vegetation at the site is 
short-grass prairie, with modern soil morphology and characteristics similar to those of the 
Bignell Hill site. The stratigraphic sequence at the site is Bignell Loess overlying Peoria Loess, 
separated by a Brady Soil developed in the upper Peoria Loess (Bettis III et al., 2003b; Marin-
Spiotta et al., 2014). Similar to the Bignell Hill site, the Brady Soil has the characteristic and 
ubiquitous occurrence of cylindrical insect burrows that are 4-10 mm in diameter. The thickest 
Bignell Loess identified to date, approximately 6 m, can be found at the OWR site (Bettis III et 
al., 2003b).  
From the Peoria Loess to the surface, three zones (Zone 1-3) of distinct buried paleosols 
have been previously identified in the Bignell Loess by (Mason et al., 2003) at the OWR site. 
Zone 1 has A horizon characteristics that become less developed with distance above the Brady 
Soil. Zone 2 is light colored with fewer pedogenic alterations and is similar to the unweathered 
Peoria Loess. Zone 3 consists of sequences of buried A-C, A-Bw, or A-Bk profiles, interpreted 
as episodes of rapid loess deposition, followed by intervals of slower deposition and more 
effective pedogenesis (Miao et al., 2005). In the thinner parts of the Bignell Loess, the multiple 
buried soils merge to form a thick A horizon. The uppermost part of Zone 3 is light-colored, 
which suggests that rapid loess deposition is currently occurring. However, three very weakly 
developed buried A horizons can be identified within the upper, light-colored part of Zone 3 
(Bettis III et al., 2003b). 
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3.1.3 Farwell Locality  
The Farwell Locality is located near the Nebraska-Kansas border, about 1.5 km east of 
the town of Dubois, Nebraska (40°01'15.0"N 96°01'15.0"W) along the South Fork of the Big 
Nemaha River (Mandel and Bettis, 2001). The study site named Farwell 65-2 coordinates with 
previous investigations at the Farwell Locality. For this study, site 65-2 occurs in the sediments 
of the DeForest Formation, formed in an alluvial landscape. The Gunder, Roberts Creek, Honey 
Creek, and Camp Creek members makeup the DeForest Formation. The members of the 
DeForest Formation can be distinguished by lithology and cutting relationships, difference in 
age, fossil association, and in some cases landscape position (Baker et al., 2000). The modern 
soil and buried paleosols at Farwell 65-2 were developed in the late Gunder Member.  
 
3.2 Field Descriptions and Sampling 
At the Bignell Hill site, two cores (~1 m apart) were collected vertically from the surface 
terrain using a Giddings hydraulic soil probe. Both of the soil cores were approximately 3.5 m 
long. The soil cores were wrapped in aluminum foil and then stored in a -10°C freezer before 
morphological descriptions and chemical analysis. However, core samples below the Brady Soil 
were very weak and friable and had to be bagged.  
At the Old Wauneta Roadcut site, attempts were made to collect soil cores, but there were 
compaction problems due to the friable nature of the soil. Bulk soil samples were collected and 
bagged from the most stratigraphically differentiated soils that were exposed at the roadcut face. 
All the samples from this site were air-dried and stored at room temperature. 
At the Farwell Locality bulk soil samples were collected from the faces of the stream cuts 
of site 65-2, and processed for soil chemical and physical characteristics. In addition, cores were 
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collected adjacent to the sampled stream cuts, and the cores were used for additional descriptions 
and characterization. Some of the descriptions and data for the study of the Farwell Locality 
were presented in the MS thesis of Najwa Alnsour (Alnsour, 2013). Where appropriate, these 
data are identified in the text and tables of the present thesis. 
Each of the samples and cores was described and pedogenic horizons and stratigraphic 
zones were delineated by variations in colors, texture, redoximorphic features, and pedogenic 
features. All samples were air-dried and ground with a mortar and pestle. The samples were then 
passed through a 2-mm sieve to remove all the materials greater than 2-mm (including rocks), 
and they were stored until laboratory analyses were conducted. 
 
3.3 Particle Size Distribution and pH 
Particle size was determined by the pipette method (Gee et al., 1986). Soil pH was 
measured using a 1:1 (soil: water) ratio. 
 
3.4 Stable Carbon Isotopes and Total Organic C 
To determine stable isotopes of C and N, the samples were first treated by acid 
fumigation to remove all inorganic C (Harris et al., 2001; Komada et al., 2008). This method 
does not remove solid-phase organic carbon and many samples can be treated simultaneously for 
δ 13C measurements. Soil samples were oven dried and ground to pass through a 100-µm sieve. 
About 25 mg of soil sample were accurately weighed into 5x9 mm Ag capsules and placed in a 
borosilicate glass tray. Fifty microliter (50-µL) of deionized distilled water were added to each 
Ag capsule. In a 5-L glass desiccator 100 mL of 12 M HCl acid were poured into a 150-mL 
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beaker and placed in the desiccator. The tray was then placed in the desiccator and a vacuum was 
applied for 6 hours. The samples were then placed in drying oven at 50°C overnight. 
To carry out the measurements, the samples were combusted in a Costech Elemental 
Analyzer. The samples were combusted at 1050°C, and CO2 and N2 gases were released and 
delivered to the ThermoFinnigan Delta Plus XL Isotope Ratio Mass Spectrometer (IRMS). The 
composition of the gas peaks was determined by the mass spectrometer and the isotope ratios of 
the soil samples were calculated (Alnsour, 2013). The measurements were corrected to the 
International Vienna Pee Dee Belemnite (VPDB) standard for carbon and to atmospheric 
nitrogen. Random replicates and internal standards confirms a precision typically better than + 
0.14‰ for the δ 13C measurements. Random replicates confirms an uncertainity of 0.84% or 
better for the organic C measurements. 
The results for isotopes are expressed with the standard δ notation, similar to the Pee-Dee 
Belemnite (PDB) standard for carbon and atmospheric air for nitrogen. In the equation below, R 
represents 
13
C/
12
C for carbon and 
15
N/
14
N for nitrogen:  
δ = [(Rsample/Rstandard) – 1] x10
3   
(eq. 1) 
 
3.5 Radiocarbon Dating 
Radiocarbon dating was used to determine the age of organic matter in soils. Samples 
from the OWR site were submitted to the Illinios State Geological Survey for radiocarbon 
analysis. The radiocarbon ages were calibrated to calender years BP using CalPal Radiocarbon 
Calibration. 
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3.6 Citrate-Bicarbonate-Dithionite (CBD) Extraction  
Secondary Fe oxides are indicators of mineral weathering. In significant quantities, Fe 
oxides are also important in binding particles that prevent dispersion of soil. Fe oxides occur 
mainly in the clay fraction of soils, where they may also bind and stabilize organic matter. The 
citrate-bicarbonate-dithionite (CBD) extraction is commonly used to measure the total “free Fe 
oxides”, that is ferrihydrite, hematite, goethite, lepidocrocite, and maghemite (McKeague and 
Day, 1966). In addition, Al oxides, Mn oxides, and poorly crystalline Si oxides (except quartz) 
are extracted. During the CBD extraction, ferric iron (Fe
3+
) is reduced to ferrous iron (Fe
2+
), with 
dithionite acting as a reductant. Ferrous iron (Fe
2+
) released in the solution is chelated by citrate 
ions to prevent re-precipitation of Fe
2+ 
as an oxide
 
or as iron sulfide (FeS). Bicarbonate is used to 
keep the pH constant at approximately 7.3 to prevent acid attack of other minerals. The system is 
flooded with Na
+
 to maintain the suspension in a dispersed state. 
Five grams of air-dried soil were weighed into a 100-mL centrifuge tube, which the 
moisture content was determined. After which, 40 mL of 0.250 M of citrate buffer (pH~7.3) 
were added to the tube and vortexed for approximately 30 s. The samples were then placed in a 
water bath, bringing the temperature of the samples to 75°C. Then approximately 1 g of sodium-
dithionite was added to each sample and stirred with a glass rod for 5 minutes (Loeppert and 
Inskeep, 1996). After 5 minutes, a second portion of dithionite was added and stirred as before. 
The samples were then centrifuged for approximately 5 minutes at 735 x g (~1500 rpm), using 
an international k-centrifuge. The supernatant was filtered using Whatman 42 filters and poured 
into a 250-mL volumetric flask. A final 40 mL of citrate buffer were added to the soil samples, 
and the temperature was raised to 75°C again. The samples were stirred with a glass stirring rod 
for 5 minutes (McKeague and Day, 1966). 
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The samples were centrifuged for approximately 5 minutes at 735 x g (~1500 rpm), 
which the supernatant was combined with the previous extract and brought to the volume of 250 
mL with deionized distill water. A 1/20 was prepared by pipetting 5 mL of extract from the 250 
mL flask into a 100 mL, and brought to volume of 100 mL with deionized distilled water. The 
diluted extractions were shaken several times and the Fe content was determined by atomic 
absorption spectroscopy. The standards used were 0, 0.5, 1, 3, 5 and 10 mgL
-1
. Every fifth 
sample was duplicated for the CBD Fe extraction. Random replicates confirms an uncertainity of 
4.5% or better. 
 
3.7 Ammonium Oxalate Extraction  
One gram of soil was weighed and placed in a 50-mL centrifuge tube, and 0.15 g of solid 
oxalic acid was added to each tube. The addition of the solid oxalic acid to each tube was based 
on the rapid method for ammonium oxalate Fe to dissolve calcareous material present in the 
samples (Del Campillo and Torrent, 1992). Five mL of distilled deionized water were added, the 
tube was capped, and it was shaken for 1 h in the dark on a reciprocating shaker. Then 35 mL of 
0.2 M of acidified ammonium oxalate (pH~3.17) were added to make a final volume of 40 mL. 
The samples were then shaken in the dark for 4 h at low speed on a reciprocating shaker. The 
samples were then centrifuged for approximately 5 min at 735 x g (~1500 rpm) by using an 
International K centrifuge. After centrifuging, approximately 25 mL of the supernatant were 
filtered using Whatman 42 filter paper. With a micropipette, 1 mL of the filtered extract solution 
was placed in a bottle, and 24 mL of distilled deionized water were added using a bottle top 
dispenser (McKeague and Day, 1966). The diluted extractions were shaken several times, and 
the Fe content was determined by atomic absorption spectroscopy. The standards used were 0, 
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0.5, 1, 3, 5 and 10 mgL
-1
. Every seventh sample was duplicated for the ammonium oxalate Fe 
extraction. Based on random replicates an uncertainity of 10% or better was confirmed. The data 
for this extraction are presented in Appendix C, but not further disscussed in the thesis. 
 
3.8 Clay Fractionation 
The large-scale clay fractionation method was carried out for the Farwell Locality 
samples. Fifty grams (50 g) of each soil sample that had been passed through a 2-mm sieve were 
added to a 250-mL centrifuge bottle and 200-mL of distilled water was added. There had been no 
effervescence when the soil samples were treated with acid when the soils were described, 
therefore it was not necessary to pre-treat the samples to remove calcite. The bottles were shaken 
at a low speed for 24 h. The samples were then passed through a 53-µm sieve into 9-L glass 
bottles. The volume of liquid in each bottle was brought to 7 L with distilled water, the bottle 
was stoppered, and then it was shaken for several minutes before placement on the lab bench. 
After eight hours, the upper 10 cm of the suspension, containing particles with equivalent 
spherical diameters < 2-µm, were siphoned and placed in another container. This process was 
continued each day for approximately three days. After each siphoning, 15-mL of 0.5 MgCl2 
were added to the siphoned suspension to coagulate the clay particles. 
The small-scale clay fractionation method was used for Bignell Hill and Old Wauneta 
Roadcut samples (Whittig and Allardice, 1986). The samples were air-dried and ground to pass a 
2-mm sieve. By using a scoop, 5-6 g of soil were weighed into a 100-mL centrifuge tube. The 
samples were then pretreated with 30-mL 1M sodium acetate, and stirred thoroughly with a 
vortex machine. The tubes were placed overnight in a water bath at 40°C to dissolve carbonates. 
Organic matter was removed by adding 50-mL of NaOCl adjusted to pH 9.5 to each tube. The 
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tubes were placed in a hot water bath at 60°C for 1 hour. After treating with NaOCl, the samples 
were washed twice with 30-mL of 1 M NaCl. Then 50-mL of 1 M NaCl was added and mixed 
thoroughly with the samples by using a vortex machine. 
The soil suspension was passed through a 53-µm sieve to remove the sand, after which 
the clay and silt suspension was transferred into another 100-mL centrifuge tube. To achieve 
complete dispersion, the samples were shaken overnight on a reciprocating shaker. After 
shaking, the samples were centrifuged at 1500 rpm for approximately 8 min. The clear 
supernatant was poured off and 30-mL of distilled water were added, stirred, and centrifuged. 
This process was repeated until the clay was dispersed in a suspension. The samples were then 
sonified for 30 s, and then centrifuged at 185 x g (~750 rpm) for 3 min and 30 s, after which the 
supernatant was poured off into a 500-mL beaker. This step was repeated until the supernatant 
was clear, which indicated that all the sediment <2-µm was collected. Fifteen mL of 0.5 M MgCl 
were added to each beaker to coagulate the clay for it to settle at the bottom. 
The clay suspensions in each beaker were transferred to 250 mL centrifuge bottles and 
centrifuged at 735 x g (~1500 rpm) for approximately 8 min. The clear supernatant was poured 
off and discarded. One hundred mL of 1 M MgCl was added to the 250-mL centrifuge bottles 
and vortexed for approximately 2 min. The samples were then centrifuged at 735 x g (~1500 
rpm) for approximately 8 min, and the clear supernatant was poured off and discarded. This 
process was repeated a second time to ensure the clay samples were completely saturated with 
Mg. 
Excess chloride was removed by adding approximately 200 mL of distilled deionized 
water to each sample and vortexed for about 4 min. Then 100 mL of 95% ethanol were added, 
the sample was shaken, and vortexed for approximately 2 min. This process was repeated three 
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times. To the decanted supernatant from each sample, one drop of 1 M of AgNO3 was added to 
test for chloride. A white precipitate would indicate the presence of chloride (due to precipitation 
of AgCl), and a clear supernatant would indicate the removal of excess chloride from the sample. 
To completely remove the clay sample from the centrifuge bottle, 25 mL of distilled deionized 
water were added to each bottle and the bottle was shaken; then the samples were frozen at -
80°C for about 3 h and dried in a freeze dryer. 
In preparing the freeze-dried samples for XRD analysis, two batches of 150 mg of Mg-
saturated samples were weighed and into 50-mL centrifuge tubes. One-half of the samples were 
designated as the Mg samples, to which 10 mL of deionized, distilled water were added. The 
samples were vortexed and sonified for approximately 30 s. The other samples were saturated 
with KCl by adding 30 mL of 1 M KCl to the tubes. These samples were vortexed for about 1 
min. They were centrifuged at 735 x g (~1500 rpm) for 5 min, and this process was repeated two 
more times. Excess chloride was removed by adding 30 mL of deionized distilled water, 
vortexing, and centrifuging at 735 x g (~1500 rpm) at 5 min. Two washes of 95% ethanol were 
carried out, and each time the samples were centrifuged for 5 min at 735 x g (~1500 rpm). To 
confirm the removal of excess chloride, one drop of 1 M of AgNO3 was added to the supernatant. 
Ten mL of distilled, deionized water were added to each centrifuge tube; the samples were then 
vortexed and sonified for 30 s. 
To prepare samples on glass slides for XRD analysis a Millipore filtration vacuum 
apparatus was used to pass the clay suspensions through 0.45-µm cellulose filters. Each clay film 
was transferred from the filter to a glass slide that was approximately 8.6 cm
2
. The filter paper 
with clay film was first placed at the center of the glass slide. Then it was rolled smoothly and 
lightly across the slide using a hand-held rolling pin (Poppe et al., 2001). The Mg slide samples 
35 
 
were sprayed with a 50/50 (v/v) mixture of glycerol and water, and placed in a desiccator over 
free glycerol to allow the absorption of glycerol by the clay. The K slides samples were placed in 
a desiccator (with no desiccant) to be dried. After drying, x-ray analysis was done on the 
samples. The K samples were heated in a muffle furnace at 350°C for 2 h. After x-ray analysis of 
each K sample, the heat treatment was repeated at 550°C. 
 
3.9 X-ray Diffraction (XRD) Analysis  
X-ray diffraction (XRD) is one the most commonly used method in identifying clay 
minerals present in the soil. This technique utilizes x-rays, which are a part of the 
electromagnetic spectrum with properties of both waves and particles. X-rays are generated with 
emission of electrons from a tungsten filament (the cathode). The electrons are accelerated 
through a vacuum by a potential difference (voltage) between the filament and a metal target. 
When they strike the metal target (usually Cu) (the anode), x-rays are produced (Whittig and 
Allardice, 1986). Diffraction is the coherent scatter of x-ray photons when they strike repeating 
planes of atoms at a critical angle, producing constructive interference. 
The main principle of XRD is Bragg’s law, which is nλ = 2dsinθ; n is an integer, λ is the 
wavelength, d is d-spacing, and θ the critical angle. Since the angle and wavelength are 
controlled, d-spacing (the distance between repeating planes of atoms in the sample) can be 
calculated. Clay minerals can be identified by their characteristics d-spacing. The XRD analysis 
for each sample was conducted by using CuKα radiation generated with a Siemens D5000 
diffractometer. 
Although XRD analysis is the ideal method for qualitative analysis of clay mineralogy, 
there are limitations in gathering quantitative data from XRD analysis. Two of the problems that 
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make extracting quantitative data from XRD pattern challenging are mixed-layer minerals and 
crystallinity of minerals. Semi-quantitative data were derived from XRD patterns of clay 
fractions from the Bignell Hill site, Old Wauneta Roadcut site, and Farwell Locality. The area 
under the first-order peaks (i.e., n = 1 in Bragg’s Law) of four clay minerals provided semi-
quantitative assessment of the clay mineralogy in the paleosols at each of the three sites. The 
determination clay mineralogy using XRD may vary for each sample analyzed. Even though all 
samples were prepared and analyzed with the same procedures, there were some uncertainties 
associated with the clay mineralogy analysis. The following precautions were taken to reduce the 
uncertainties associated with the XRD analysis: 
 Homogeneous sample thickness was maintained by consistently weighing the same mass 
(150 mg) of clay material used to prepare each tile.  
 The instrument configuration, fitting of peak areas, sample length and weight fraction 
determination was constant from beginning to end (Kahle et al., 2002). 
 We developed our own MIFs for this project, assuming that there were no mixed layer 
clays in the samples (Kahle et al., 2002).  
 
3.10 Creating a Model file for Calculating Mineral Intensity Factors 
NewMod is a software program designed to interpret XRD patterns, by generating 
theoretical XRD patterns of mineral mixtures (Moore and Reynolds, 1997). NewMod parameters 
were used to create three model files (vermiculite, mica, and kaolinite). By using NewMod, it 
was not possible to create a model smectite peak that had a low enough background at 2-3 °2θ 
region to be similar to soil smectites. Therefore, a smectite model pattern was based on the x-ray 
diffraction pattern of the clay fraction of a Yarmouth-Sangamon paleosol, consisting largely of 
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smectite. Optimizing the smectite pattern involved editing the d-I file, removing trace reflections 
of illite and kaolinite, and saving the file as a *.csv file that could be read by other programs. 
Model files were created for each of the four layer silicates of interest. The NewMod 
parameters were set to be as similar as possible to our instrumental parameters: 
 Divergence slit = 1 
 Goniometer radius = 21.5 cm 
 Soller slit 1 = 2.3  
 Soller slit 2 = 2.3 
 Sample length = 2.0 cm 
 Quartz reference intensity = 30,000 
(This is the default, since all patterns 
were scaled to the highest peak anyway. 
 Sigma star (σ*) = 12 (default) 
 Mu star (µ*) = 45 (default) 
 Theta compensating slit = In (not Out)
3.10.1 Mineral intensity factors 
To develop a method to quantitatively assess the mass percentage of the clay minerals 
present in the XRD patterns, mineral intensity factors (MIFs) were determined for each of the 
four model layer silicate minerals: smectite, vermiculite, clay mica, and kaolinite. The 
mineral intensity factor is a proportionality factor that relates the mass ratio of two minerals 
to the ratio of key peak areas associated with those minerals on an x-ray diffraction pattern. 
Calculation of the MIFs was based on the equations below (Harris and White, 2008): 
IA/IB = KAB(WA/WB)  (eq. 2) 
 
where IA is the integrated area under a unique XRD peak for mineral A, IB is the integrated 
area under a unique XRD peak of the reference mineral B, KAB is the Mineral Intensity 
factor, WA and WB are the mineral mass fraction relative to the proportion in the simulated 
sample (Harris and White, 2008). If the mass fractions of mineral A and B are equal to each 
other in the sample, WA/WB will be constant. Hence, the mineral intensity factor is equal to 
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the area under the peak of the XRD pattern of mineral A divided by the area under a well-
defined peak of a reference mineral B (Harris and White, 2008). 
KAB = (IA/IB)  (eq.3) 
 
 -i.e., when mineral A is in equal proportion to Mineral B. 
 
To calculate the MIFs for the mineral of interest, the XRD modeling computer 
program NewMod was used to simulate the XRD pattern of a mixture of smectite, 
vermiculite, clay mica and kaolinite, all simulated to be present in equal proportions. The 
pattern was generated assuming that the samples were Mg-saturated and solvated with an 
organic compound like glycerol. The area under the d001 peak for each identified mineral 
was determined in the simulated pattern. Kaolinite was the reference mineral used to 
calculate the MIFs, and the d001 peak areas for smectite, vermiculite, clay mica, and 
kaolinite were all divided by the area of the kaolinite d001 peak. The calculated MIFs are as 
shown in Table 1: 
Table1. Mineral Intensity Factors calculated from the simulated XRD pattern with all 
four layer silicates present in equal amounts. 
 
Smectite/Kaolinite 5.86 
Vermiculite/Kaolinite 1.05 
Clay Mica/Kaolinite 1.57 
Kaolinite/Kaolinite 1.00 
 
 
3.10.2 Determining the peak areas 
XRD patterns of clay-size fractions of paleosols and sediments from the Bignell Hill 
site, the OWR site, and the Farwell Locality were analyzed to determine the clay minerals 
present. After identifying the clay minerals present, the total areas under the d001 peaks were 
determined using the XRD analysis software package Jade MDI Inc. A linear function was 
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used to set the baseline under each peak. First, the baseline was set between ~11.9 and ~12.5 
°2θ for the kaolinite peak to cover the entire area under the curve. The total smectite plus 
vermiculite baseline was set between ~2.9 and ~6.5 °2θ, which covered the area under the 
curve for both smectite plus vermiculite. The baseline for clay mica was set to the start of the 
clay mica peak and ended where the high-angle side of the clay mica peak intersected the 
d002 smectite peak. The Paint function in Jade was used to determine the area under each of 
the clay mineral peaks as defined above. 
Specific guidelines for calculating the areas in Jade are as follows: 
1. Measure the peak areas using the Paint peak area tool, by selecting the Paint cursor from 
the edit and cursor toolbar.  
a. First, measure the kaolinite peak. 
Depress and hold the SHIFT key and move the cursor to approximately 11.8 to 12 
deg 2θ. While holding the SHIFT and left click on the pattern, drag the cursor with a 
yellow(faint) line to approximately 12.4 – 12.6  deg 2θ so that it’s parallel to the 
bottom to produce the same distance across the peak position.  
b. Second, measure the “total smectite”  peak area 
By depressing and holding the SHIFT key and move the cursor to approximately 
2.9-3.1 deg 2θ. While holding the SHIFT and left click on the pattern, drag cursor 
with the yellow (faint) line to approximately 6.4 - 6.6 deg 2θ. This will include the 
vermiculite peak. 
c. Third, measure the clay mica peak. 
Depress and hold the SHIFT key and move the cursor to approximately 8.23 to 8.30 
deg 2θ. While holding the SHIFT and left click on the pattern, drag the cursor with a 
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yellow(faint) line to approximately 9.14 – 9.63  deg 2θ. This should be at the 
beginning of the hump of the second order peak of smectite in samples that have lots 
of smectite. 
d. View the Paint Peak Report by clicking the View tab, then Reports and Files, then 
Peak Paint Report. Record the clay mica, smectite, and kaolinite peak areas in the 
spreadsheet. The fractions of each component will now be calculated based on the 
MIFs that were previously determined from model mixtures. 
e. Finally, measure the vermiculite area  
i. Place the Paint peak limits as close as possible to the low-angle and high-angle 
limits of the peak that sticks up above the smectite tail. 
ii. These limits will probably be about 5.9 – 6.5 deg 2θ. 
iii. Record the value of the vermiculite peak area in the MIF spreadsheet and note that 
it is subtracted from the total smectite area to give the actual smectite area in the 
spreadsheet. 
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3.10.3 Using mineral intensity factors for quantitative analysis 
In quantifying the mass fraction of the four layer silicates in the six Mg saturated 
samples, the reference mineral kaolinite mass fraction was first calculated using the areas 
under the peaks for each mineral using the following formula (Harris and White, 2008): 
 
Kaolinite mass fraction= 
 
            
                          
 
               
                            
 
            
                      
   
 
             
                          
 
 
Smectite mass fraction= Kaolinite mass fraction*
             
                           
 
 
Vermiculite mass fraction= Kaolinite mass fraction*
                
                             
 
 
Clay mica mass fraction= Kaolinite mass fraction*
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CHAPTER 4 
RESULTS AND DISCUSSION 
 
4.1 Overview of Soil Morphology 
The study sites are categorized by their landscape position and by the sources of their 
parent material. Aeolian derived sites on uplands are the Old Wauneta Roadcut (OWR) and 
Bignell Hill site; and the Farewell Locality is an alluvial site. Figures 3 to 6 contain 
information about the stratigraphy, horizonation, matrix color, and structure of the samples 
from the Bignell Hill site, OWR site, and Farwell Locality. 
At the Bignell Hill site, the Brady Soil was the only buried paleosol that was 
identified. The Bignell Loess at the Bignell Hill site is thin in comparison to the 6-m thick 
Bignell Loess at the OWR site. As a result, there are no buried paleosols present in the 
Bignell Loess at the Bignell Hill site. 
At the OWR site, three buried soils occur in the Bignell Loess. They are designated as 
Soils 1, 2, and 3. In addition, a buried paleosol identified as the Brady Soil occurs in the 
upper portion of the Peoria Loess. Typically, the Brady Soil has an Akb–Bkb profile (Jacobs 
and Mason, 2004). The Brady Soil at the OWR site consists of a thick, dark-colored Akb 
horizon with a zone of abundant cylindrical burrows. The cylindrical burrows are a 
distinguishing characteristic of the Brady Soil. 
At the Farwell site, two buried paleosols were identified, i.e., Paleosols A and B. The 
criteria used to recognize the paleosols included the differences in structure, texture, color, 
clay coatings morphology and soil organic carbon percentages (Alnsour, 2013).  
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Pedogenic structure of the buried paleosols at all three sites consisted of moderately 
fine or medium subangular blocky, with a soil matrix color of 10YR 4/3. In contrast, the 
modern soil had a dominant matrix color of 10YR 2/2. Clay films were absent at the OWR 
and Bignell Hill sites, but continuous clay film were present at the Farwell Locality. 
 
Table 2. Soil morphological characteristics and pH of the Bignell Hill core 1 soil 
samples. 
Depth Horizon Soil Color Texture pH 
cm 
 
   
0-13 1A 10 YR 4/2 loam 5.0 
13-37 2A1 10 YR 3/1 loam 7.0 
37-68 2A2 10YR 3/2 loam 7.8 
68-87 B 10 YR 4/2 loam 7.7 
87-115 3Abk 10 YR 4/2 & 10 YR 5/5 loam 8.2 
115-129 3Ab 10 YR 4/3 loam 8.3 
129-160 
3B 
 
10 YR 5/3 loam 8.4 
160-184 10 YR 5/3 loam 8.4 
184-221 10 YR 5/3 loam 8.4 
221-234 3Bk1 10 YR 4/2 & 10 YR 5/3 silt loam 8.2 
234-246 3Bk2 10 YR 5/3 & 10 YR 4/2 silt loam 8.3 
246-256 4A1bk 10 YR 4/2 loam 8.2 
256-275 4A2bk 10 YR 3/2 silt loam 8.3 
275-280 4A2bk 10 YR 3/2 & 10 YR 4/2 silt loam 8.3 
280-290 Bw 10 YR 5/2 silt loam 8.3 
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Table 3. Soil morphological characteristics and pH of the Bignell Hill core 2 soil 
samples. 
Depth Texture Soil Color Texture pH 
cm 
 
   
0-14 A1 10 YR 2/2 & 10 YR 4/2 loam 5.3 
14-30 A2 10 YR 2/2 loam 6.8 
30-54 A3 10 YR 3/2 loam 7.4 
54-78 B1 10 YR 4/2 loam 7.6 
78-113 B2 10 YR 4/3 loam 8.2 
113-134 
Bk1 
10 YR 5/3 silt loam 8.3 
134-165 10 YR 5/3 loam 8.3 
165-191 
Bk2 
10 YR 6/3 silt loam 8.4 
191-207 10 YR 6/3 loam 8.4 
207-226 BK3 10 YR 6/3 & 10 YR 5/3 loam 8.4 
226-241 Bk4 10 YR 5/3 silt loam 8.2 
241-249 2ABk 10 YR 4/3 silt loam 8.5 
249-260 3ABk1 10 YR 5/3 & 10 YR 3/1 silt loam 8.2 
260-276 3ABk2 10 YR 3/1 & 10 YR 4/3 loam 8.2 
276-285 2B 10 YR 4/3 silt loam 8.3 
 
 
 
Table 4. Radiocarbon dates and 13C stable carbon isotope results for the OWR site. 
Sample depth (cm) 13C 
14
C yr BP ± Cal. yr BP ± 
Soil 1 270-280 -15.0 4390 70 5047 146 
Soil 2 175-185 -16.1 3380 70 3626 92 
Soil 3 70-80 -16.8 1670 70 1578 97 
Brady soil 600-610 -17.0 9250 70 10421 103 
Brady soil 640-655* -19.0 12290 90 14438 346 
*Note there may have been some contamination by recent organic C in the sample depth of 
~600-610. Therefore, the 
14
C value reported represents the pyrolyzed residue instead of the 
entire sample. 
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Table 5. Soil morphological characteristics and pH of the OWR site soil samples. 
Depth Horizon Soil Color Texture pH 
cm 
 
   
0-10 CA 2.5 Y 5/2 sandy loam 7.9 
34-38 3ACb 10 YR 4/2 sandy loam 8.1 
50-55 4ACb 2.5 Y 4/2 sandy loam 8.2 
70-90 5A1b 10 YR 3/2 sandy loam 8.4 
90-110 5A2b 2.5 Y 4/2 sandy loam 8.3 
175-185 6CAkb 2.5 Y 5/2 sandy loam 8.2 
185-195 6BCkb 10 YR 5/3 sandy loam 8.3 
270-285 
7Ab 
10 YR 4/2 silt loam 8.2 
285-300 10 YR 4/2 silt loam 8.2 
300-315 
7BCkb 
10YR5/2 & 10 YR 4/2 sandy loam 8.2 
315-330 10YR5/2 & 10 YR 4/2 sandy loam 8.3 
595-610 
9Ak1b 
10 YR 2/1 &10 YR 3/1 silt loam 7.8 
610-625 10 YR 2/1 &10 YR 3/1 silt loam 7.9 
625-640 9Ak2b 10 YR 2/1 &10 YR 3/1 silt loam 7.9 
640-655 9ABkb 10 YR 3/1 &10 YR 3/2 silt loam 8.1 
655-670 9Bk1b 10 YR 5/4 silt loam 8.1 
 
 
Table 6. Soil morphological characteristics and chemical properties of the Farwell 
Locality soil samples (Alnsour, 2013).  
Depth Horizon Soil color Texture pH 
cm 
 
   
90-135 2Ab1 10 YR 3/1 silty clay loam 6.1 
135-155 2Ab2 10 YR 3/1 silty clay loam 6.3 
155-175 2Bwb 10 YR 3/1 & 10 YR 4/2 silty clay loam 6.4 
175-202 3Ab 10 YR 3/1 silty clay loam 6.4 
202-217 3AB 10 YR 4/2 silty clay loam 6.6 
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Fig.3. Soil organic C, stable carbon isotopes, Fed, particle size distribution (PSD), and clay mineralogy, for the Bignell Hill core 1. 
Organic C (%) is the weight percentage of organic carbon. PSD indicates the cumulative percentages of clay, fine and coarse silt, and 
sand.  
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Fig. 4. Soil organic C, stable carbon isotopes, Fed, particle size distribution (PSD), and clay mineralogy, for the Bignell Hill core 2. 
Organic C (%) is the weight percentage of organic carbon. PSD represents the cumulative percentages of clay, fine and coarse silt, and 
sand. 
Note: The OC data for the Brady Soil is not consistent with our morphological descriptions at Bk4 horizon (226-241 cm depth). The 
OC data at Bk4 horizon (226-241 cm depth) represents the Brady Soil’s uppermost horizon. The inconsistency between our OC data 
and morphological descriptions is likely a reflection of the transition zone of the Brady Soil and Bignell Loess sediment. 
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Fig.5. Soil organic C, stable carbon isotopes, Fed, particle size distribution (PSD), and clay mineralogy, at the Old Wauneta Roadcut. 
Organic C (%) is the weight percentage of organic carbon. PSD represents the cumulative percentages of clay, fine and coarse silt, and 
sand. Note the difference in vertical scale for the 0-350 cm and 590-670 cm depth increments. 
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Fig.6. Soil organic C, stable carbon isotopes, Fed, particle size distribution (PSD), and clay mineralogy, at the Farwell Locality. 
Organic C (%) is the weight percentage of organic carbon. PSD represents the cumulative percentages of clay, fine and coarse silt, and 
sand.  Remark: All data except clay mineralogy were previously reported by Alnsour (Alnsour, 2013). 
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4.2 Bignell Hill Site  
4.2.1 SOC content in the modern and buried soils 
 The soil organic carbon (SOC or OC) distributions for the Bignell Hill site cores 1 
and 2 are shown in Figures 3 and 4. The OC content in the Brady Soil is greater than that of 
the overlying Bignell Loess in both cores. For example, in core 1, the maximum OC was 
0.53% in the Brady Soil’s 4A2bk horizon at depth of 256-275 cm; the minimum 
concentration of 0.32% occurred in the uppermost 4A1bk horizon (246-256 cm depth). Thus, 
in contrast to the typical depth distribution of organic C, which decreases with increasing 
depth, the organic C concentration of the Brady Soil is lowest at the top of the soil. We 
attribute this to slow deposition of early Bignell Loess increments that were incorporated into 
the Brady Soil, diluting the existing organic C concentration. 
In the zone of Bignell Loess that immediately overlies the Brady Soil, the OC content 
remained less than 0.20% and varied little. Soil organic carbon stored in the Bignell Loess 
Bk horizons immediately adjacent to the Brady Soil was probably inherited from the Brady 
Soil pedogenesis (Jacobs and Mason, 2004). An increasing trend of OC was observed 
throughout the modern solum from the B3 horizon (115-129 cm) up to the modern surface A 
horizon. The OC concentration in the surface A horizon was 1.18%, and it is the highest OC 
content in core 1 soil profile. The OC in the modern surface A horizon reflects the active 
input of organic matter from contemporary plant productivity.  
The OC distribution in core 2 varied with depth as in core 1. In core 2, the OC content 
in the Brady Soil was actually higher than that of core 1 (0.74% vs. 0.57%). As in core 1, the 
highest concentration of OC occurred below the top of the Brady Soil, presumably at the 
depth that represented a land surface that was only gradually buried by the first increments of 
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Bignell Loess. The relatively high OC concentration in the Brady Soil suggests greater 
primary productivity in humid periods, slower dust accumulations during the Brady Soil 
formation, or both (Miao et al., 2007).  
In the 207-226 cm depth in core 2 of the Bignell Loess, the OC content was ~0.19% 
and remained uniform in the overlying Bignell Loess Bk horizons. There was an increasing 
trend of OC from 113 cm to the modern surface A horizon.  
4.2.2 Plant communities inferred from stable carbon isotopes 
The δ 13C values for the Bignell Hill cores 1 and 2 are shown in Figure 3 and 4. Both 
cores show a generally increasing upward trend in δ 13C values. In core 1, the δ 13C value at 
the base horizon of the Brady Soil (290 cm) was -19.4‰, and increased to -17.3‰ at the top 
horizon of the Brady Soil (234 cm), reflecting soil organic matter that was likely derived 
from a mixed C3/C4 plant community. In core 2, the δ
 13
C value at the base horizon of the 
Brady Soil (276-285 cm) was -24.1‰ and the values gradually increased to -21.2‰ at the 
top horizon of the Brady Soil (226-241 cm). Thus, the δ 13C values in core 2 indicate a 
predominance of C3 vegetation during formation of the Brady Soil. 
From the base of the Bignell Loess to the modern soil, the δ 13C values gradually 
increase to approximately -15‰, which is consistent with a dry ecosystem dominated by 
warm-season grasses. 
During the Pleistocene–Holocene transition, the climatic conditions changed at the 
site (Jacobs and Mason, 2004). Warmer and drier climatic conditions, along with high dust 
accumulation rates promoted by the dry climate, are likely to have led to a shift from 
predominantly C3 vegetation (cool-season grasses and/or trees and shrubs) to nearly complete 
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C4 vegetation (warm-season grasses) during the Holocene period of Bignell Loess deposition 
to present (Jacobs and Mason, 2004). 
4.2.3 Physical and chemical properties 
At the Bignell Hill site, Bignell Loess was deposited during the early and middle 
Holocene (Dreeszen, 1970; Maat and Johnson, 1996). The Bignell Loess is discontinuous 
and supports a weakly developed modern soil. The particle size distribution for the Bignell 
Hill cores 1 and 2 are shown in Figures 3 and 4. The Bignell Loess at the site is similar to the 
older Peoria Loess in color and texture; the dominant particle size fractions at the Bignell 
Hill site are coarse silt and sand. Mason et al., (2003) suggested that the high coarse material 
content (sand and coarse silt) is due the proximity of the primary source of the loess, the 
Nebraska Sand Hills. 
There is a trend of decreasing clay content with increasing depth at the Bignell Hill 
site. The average clay content in the surface horizon is 18% from a depth of 0 to 30 cm. In 
the Brady Soil, the clay content remains constant at 18% with increasing depth. On average, 
the clay content in the Brady Soil is higher than that of the Bignell Loess (Johnson and 
Willey, 2000). Mason and Kuzila (2000) suggest the formation of the Brady Soil began by 
13,500 to 12,000 cal yr B.P. The Brady Soil was then buried between about 11,000 and 9000 
cal yr BP by renewed aeolian deposition of coarser material with a higher content of sand and 
coarse silt (Bignell Loess).  
At the Bignell Hill site, the pH values (shown in Table 2 and 3) were strongly acidic 
in the uppermost modern soil surface horizon and shifted to moderately alkaline throughout 
the soil profile. Below the modern solum, the pH increased with depth from 7.0 to 8.4 in both 
cores and remained constant at pH of 8.3 throughout the Brady Soil. The uniformity of pH 
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(neutral to slightly alkaline) with depth in both cores reflects the presence of calcite due to 
incomplete leaching in the Bignell Loess and underlying Brady Soil. 
Mahaney and Fabey (1988) suggested that a uniform pH distribution with depth was 
influenced by the recycling of Ca by plants from subsurface to surface horizons. However, 
during the early-middle Holocene, the central Great Plains annual precipitation ranged from 
450 to 600 mm, with a mean annual temperature of 10°C (Miao et al., 2005). Hence, the 
dissolution of calcite was likely limited, and there was little leaching of carbonates. The 
uniform pH distribution in the Brady Soil suggests little to no leaching occurred from the 
surface horizon down the profile. The pH distribution with depth at the Bignell Hill site also 
suggests minor acidification, likely due to low annual precipitation. 
4.2.4 Layer silicate clay mineralogy in the modern and buried soils 
Figure 3 and 4 display the distribution of layer-silicate clay minerals for Bignell Hill 
site cores 1 and 2. The clay minerals identified in these samples were smectite, clay mica, 
and kaolinite; vermiculite was essentially absent (see below).  
Systematic trends in the clay mineralogy of the Brady Soil (developed in Peoria 
Loess) or in the overlying Bignell Loess were difficult to identify. In all horizons, smectite 
was the most abundant mineral ranging from 63-72%, whereas the clay mica concentration 
was 12-20%, and the kaolinite concentrations were 14-25%. Small amounts of vermiculite 
were identified in the upper meter of the Brady Soil in core 2, perhaps indicative of minor 
weathering of layer silicates during development of the Brady Soil.  
4.2.5 Dithionite-extractable Fe in the modern and buried soils 
Variations in free Fe oxide concentrations are often considered as evidence of 
weathering trends in sediments. Free Fe oxides at the Bignell Hill site are documented in the 
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dithionite-extractable Fe (Fed) concentrations shown in Figures 3 and 4. In general, the 
highest Fe oxide concentrations occurred in the lowermost horizons of the Brady Soil. The 
lowest concentrations occurred in the overlying unweathered zone of the Bignell Loess, and 
intermediate levels of Fe oxides were present in the upper meter of the cores, corresponding 
to the modern solum. At the base of core 1 (4B horizon 290+ cm), the Fed concentration in 
the lowest horizon of the Brady Soil was 3151 mg/kg, and decreased to 2566 mg/kg in going 
up to the 3A2b horizon (234-246 cm). The Fed content at the base horizon of the Brady Soil 
in core 2 (285+ cm) was 4183 mg/kg and decreased in the overlying horizons to 2489 mg/kg 
at 241-249 cm.  
In the transition zone of the Bignell Loess and Brady Soil, the Fed content was 2971 
mg/kg in core 1 (221-234 cm) and 2123 mg/kg in core 2 (207-226 cm). The low Fed 
concentration in the lower portions of the Bignell Loess at both sites indicated a low 
weathering intensity during the Holocene, and it was consistent with the lack of leaching 
carbonates, and the dry conditions suggested by the stable carbon isotope analysis discussed 
above. The intermediate Fe oxide concentrations in the modern solum were consistent with 
core 2’s evidence of modest weathering in the layer silicates. 
4.2.6 Stabilization of organic C in the Brady soil 
The relatively high OC concentration in the Brady Soil at the Bignell Hill site 
reflected storage of OC that was in the soil at the time of burial. Even after about 9000 years 
of burial and removal from active C inputs, there was still measurable OC in the Brady Soil 
that was about one-half the concentration in the modern surface soil. Jacobs and Mason 
(2004) suggested that fine textures (i.e., abundant clay) could contribute to the protection of 
OC by the formation of recalcitrant clay-humus complexes, leading to longer OC storage. 
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However, the clay content of the Brady Soil in the Bignell Hill cores was not really clayey, 
and it was not much different from the overlying horizons. Therefore, the clay content did 
not fully explain the storage of OC in the Brady Soil. The low clay content probably 
contained a relatively low smectite content. Thus, the possibility of smectite being the main 
contributor of OC storage in the Brady Soil was not likely. 
The OC content also did not seem to be correlated to clay mineralogy. In both cores, 
the maximum OC content in the Brady Soil did not correlate with the maximum smectite 
content. In core 1, the maximum OC content was 0.53% with a smectite content of 63%, 
while core 2 maximum OC content was 0.69% with a smectite content of 62%. 
In soils with high clay content and low pH, stabilization of organic C has been 
attributed to the presence of Fe oxides or other metal oxides that might form protective 
complexes with organic matter (e.g., Kaiser and Zech, 1999; Wiseman and Püttmann, 2006). 
In both cores, the Fed content was relatively high at the middle to lower depths in the Brady 
Soil. However, there was no consistent relationship between organic C concentration and Fed 
content in both cores. 
The uniformity of the layer-silicate mineralogy and a clay content <20% in the Brady 
Soil, indicated that physical protection from smectite was not likely to be the main 
contributor to OC storage in the Brady Soil.  
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4.3 Old Wauneta Roadcut Site  
4.3.1 SOC content in the buried soils 
The Bignell Loess sections provided an important and nearly continuous record of the 
Holocene paleo-climatic conditions and landscape response in the central Great Plain (Mason 
et al., 2003; Miao et al., 2007). 
The soil organic carbon (SOC) distribution at the Old Wauneta Roadcut (OWR) site 
is shown in Figure 5. In general, there was a decreasing trend of SOC content as one moves 
upward in the Brady Soil at the OWR site. In the Brady Soil, SOC content decreased from 
0.81% in the 9ABkb horizon (640-655 cm) to 0.43% at the topmost horizon 9Ak1b (595-610 
cm). The relatively high SOC content at the base of the Brady Soil horizon suggested a 
period of high plant productivity that occurred during the early Holocene. A reduced 
sediment deposition rate, coupled with wet climatic conditions, may have supported the high 
SOC input. When the rate of loess deposition did not exceed the rate of pedogenesis and 
biological productivity was maintained, SOC accumulation and aggregation processes that 
create peds in the A horizon were key pedogenic drivers (Jacobs and Mason, 2005). 
Pedogenesis in the Brady Soil was slowed and finally ended by the rapid deposition 
of Bignell Loess, which led to long-term storage of the buried SOC. When buried deeply, 
SOC in the Brady Soil was isolated from the external environmental that might have 
otherwise led to its oxidization or loss by erosion. The isolation of Brady Soil organic matter 
from oxygen and water was probably responsible for a limited decomposition rate of SOC by 
microorganisms (Jacobs and Mason, 2005).  
The Bignell Loess above the Brady Soil at the OWR site contained three younger 
paleosols. The SOC concentrations in Soils 1 and 2 was uniform with depth, ranging from 
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0.27% to 0.34%. In the first soil above the Brady Soil, Soil 1 (300-315 cm) of the Bignell 
Loess, the SOC content was 0.33%, and in Soil 2 (175-185 cm), the SOC concentration was 
0.34%. In Soil 3, the SOC concentration increased to 0.55% at depth of 70-90 cm. The 
modern soil surface horizon had the maximum SOC concentration in the Bignell Loess 
horizons: 0.88%.The relatively low SOC concentration in the Bignell Loess could be 
attributed to rapid loess deposition that limited soil formation to support vegetation. Jacobs 
and Mason (2005) showed that the lower portion of the Bignell Loess stores much less SOC 
(<4 kg m
3
), because pedogenic processes were overwhelmed by rapid sedimentation rates. 
4.3.2 Radiocarbon dating results 
Radiocarbon dating showed that the Bignell Loess was Holocene in age, and the 
Brady Soil was formed during the late Pleistocene-Holocene transition (Feng et al., 1994; 
Pye, 1995). Organic matter in the Brady Soil horizons at the OWR site was found to have a 
14
C age of between 9250 and 12,290, and the calibrated ages were between 10,421 and 
14,438 (Table 4). These dates agreed with previous published work at the OWR site (Miao et 
al., 2007; Muhs et al., 2008). The Bignell Loess includes three younger paleosols, and 
radiocarbon dating indicated that these soils formed during the Holocene. The radiocarbon 
date for Soil’s 1 SOC age was 5047+146 cal yr BP. For Soil 2 it was 3626+92 cal yr BP, for 
Soil 3 it was 1578+97 cal yr BP. 
4.3.3 Plant communities inferred from stable carbon isotopes 
The δ 13C values of soils and sediments at the OWR site are displayed in Figure 5. At 
the base (670 cm) of the Brady Soil, the δ 13C value was -19.9‰, and it increased upward to -
16.4‰ at the top of Brady Soil (595 cm). This suggested that a mixed plant community with 
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both C3 and C4 vegetation was present initially, but the mixed community shifted to C4 
vegetation during the early Holocene. 
At the end of the Brady Soil pedogenesis during the early Holocene, the climate 
became warmer and drier, favoring C4 vegetation as observed in the upper depths of the 
Brady Soil. The dominance of C4 vegetation generally occurred in areas where moisture and 
/or nutrients are limiting factors due to higher water use efficiencies of C4 vegetation 
(Feggestad et al., 2004). Hence, C4 plants dominated over C3 plants during hot and summer 
dry periods, in which brief periods of precipitation occurred.  
In general, the Midwest experienced wetter climate during the late Holocene, in 
comparison to the early-mid Holocene, with periodic dry episodes (Fritz et al., 2001). The 
wetter climate conditions may have been able to sustain some C3 vegetation. Under the given 
climate regime, a majority of the precipitation occurred during the warmest period of the 
growing season, when conditions supported C4 vegetation expansion at the expense of C3 
vegetation (Boutton , 1996; Skinner et al., 2002). 
Soil 1 to 3 in the Bignell Loess had a uniform distribution of δ 13C values. In Soil 1 to 
2, the δ 13C values ranged from -15.7‰ to -16.2‰, where as the δ 13C values gradually 
decreased to -17.3‰ in Soil 3. These δ 13C values in the Bignell Loess are consistent with 
interpretations of semi-arid to arid climatic conditions during the early middle Holocene, 
derived from paleo-limnological and pollen data (Fritz et al., 2001; Grimm et al., 2001). At a 
depth of 50-55 cm, the δ 13C values increased to -15.9‰, and then decreased to -16.7‰ in the 
surface soil horizon. The decreased δ 13C values indicated a period of fluctuating wet and dry 
climatic conditions that favored an increasing contribution of C4vegetation to SOC in the 
modern soil at the OWR site. 
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Additional δ13C values were determined on selected samples by the Illinios State 
Geological Survey (ISGS) and are displayed in Table 4. The δ13C values in Table 4 have a 
similar trend in comparison to our results in Figure 5. At the base horizon (640-655 cm) a 
mixed plant community, with a δ13C value of -19.0‰, occurred ~14,550 cal yr BP (10,140 
14
C yr BP) during the late Plesitocence to early Holocence transition during which the Brady 
Soil was developing. At the top horizon of the Brady Soil (~600 cm depth), during the early 
Holocence (~10,421 cal yr B.P.), there was a shift to predominantly C4 vegetation, with a 
δ13C value of -17.0‰, as reported by (Feggestad et al., 2004). Similar to our results, there 
was a further increase in the δ13C values in the Bignell Loess horizons. The ISGS results 
showed δ13C values between -15.0‰ and -16.8‰  in the Bignell Loss (Table 4), attributed to 
warmer and drier climatic conditions that occurred during the mid-to late-Holocence, when 
C4 vegetation was dominant. 
4.3.4 Physical and chemical properties 
The Nebraska Sand Hills (dune fields) are upwind from the site, and are the 
immediate and important source of the Bignell Loess at OWR site. However, local dry 
riverbeds could also have been a contributing source (Mason et al., 2003; Miao et al., 2005). 
The strong winds (since 8790 ± 250 
14
C yr BP and more likely 9330 ± 130 
14
C yr BP), 
combined with periodic or prolonged drought, provided an adequate sediment supply, as 
sediment transportation occurred easily (Jacobs and Mason, 2004; Miao et al., 2005). 
Normally, loess thickness and particle size decrease downwind from the source of the 
loess (Schaetzl and Thompson, 2015). The particle size distribution of the modern soil and 
the buried paleosols are shown in Figure 5. The dominant particle size fraction at the OWR 
site was the sand fraction. The OWR site had a high fine sand content (data not shown), but 
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the clay content was low (<20%) throughout the Bignell Loess and the Brady Soil. However, 
the sand content in the Bignell Loess was considerably higher than in the Brady Soil. The 
clay content varied with depth throughout the Bignell Loess, but the clay content was 
somewhat higher in the Bignell Loess than in the Brady Soil. The higher sand content and 
lower clay content at the OWR site is thought to be due to the proximity of the site to the 
dune fields and reflects the different sources for the Peoria Loess and Bignell Loess. 
The high sand content observed indicated aeolian sand movement (Mason et al., 
2003). Fine particles as well as coarse particles were transported from the Nebraska Sand 
Hills while the sand dunes were active. However, in previously well-sorted aeolian material, 
less silt and clay were available for transport, as seen in the Bignell Loess. Miao et al. (2005, 
2007) have shown that the timing of Holocene loess deposition was similar to the timing of 
aeolian sand deposition in the Nebraska Sand Hills. The high loess sedimentation rates led to 
lower intensity of pedogenic processes and more unaltered accumulated sediment. Slower 
loess sedimentation rates resulted in more opportunity for soil-forming processes to change 
sediment characteristics. 
The pH at the OWR site was uniform throughout the soil profile with increasing 
depth. At the OWR site, the pH values (Table 5) were moderately alkaline (7.8-8.3) in the 
Brady Soil, the buried soils (Soil 1 to 3 in the Bignell Loess), and the modern surface soil, as 
shown in Table 5. The uniformity of pH with depth at the OWR site, suggested the presence 
of calcite due to incomplete leaching in the Bignell Loess and Brady Soil. 
4.3.5 Layer silicate clay mineralogy in the modern and buried soils 
Smectite, vermiculite, clay mica, and kaolinite were identified in the clay fraction of 
the soils and sediments at the OWR site. The layer silicate distributions at the OWR site are 
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displayed in Figure 5. The kaolinite content was relatively uniform throughout the Brady 
Soil, but the clay mica content gradually increased upward, from 18% to 31%, and the 
smectite content gradually decreased, from 48% to 34%. Interestingly, the three upper 
horizons of the Brady Soil had more vermiculite than the lower horizons. These variations 
suggested that the source of the clay fractions in the Brady Soil was changing as loess 
deposition rates gradually increased. The subtle variations in vermiculite abundance could be 
attributed to the weathering of micas before transport, or they could reflect in situ weathering 
after deposition and incorporation in the Brady Soil. If the latter interpretation were correct, 
then one would assume that the Brady Soil was leached of calcium carbonate and somewhat 
acidic before it was buried by Bignell Loess and resaturated with carbonate. 
In Soils 1-3 in the Bignell Loess, smectite was also the dominant clay mineral, 
ranging from 34% to 54%. Vermiculite content ranged from 2% to 9%, clay mica content 
was 15% to 25%, and the kaolinite content ranged from 27% to 36%. Consistent trends in 
clay mineral distributions were difficult to discern in the Bignell Loess, but in general, the 
ratio of clay mica to kaolinite was smaller than in the underlying Brady Soil (shown in 
Appendix B, Table B7), reflecting variation in the lithology of the loess source materials. 
4.3.6 Dithionite-extractable Fe in the modern and buried soils 
Free Fe oxide contents at the OWR site varied with depth in the Brady soil and 
Bignell Loess. The dithionite-extractable Fe (Fed) oxide concentrations at the OWR are 
shown in Figure 5. Overall, the Fed concentrations in the Brady Soil horizons ranged from 
3942 mg/kg to 2791 mg/kg. With the exception of the zone at ~630 cm depth, where the 
concentration decreased, there was a slightly decreasing concentration trend upward in the 
Brady Soil, likely a reflection of the decreasing intensity of weathering that occurred. The 
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relatively low Fe oxide concentration in the middle of the Brady Soil was an anomaly that 
was not consistent with other measured parameters and was difficult to interpret. 
The Fe oxide contents in the Bignell Loess were in general lower than those in the 
Brady Soil. Overall, the Fed values indicated no consistent weathering trends in the Bignell 
Loess. At the top of Soil 1, the Fed content was 2971 mg/kg, which decreased to 2405 mg/kg 
in the horizon below. At 300-315 cm, Fed increased to 2899 mg/kg, and decreased to 2604 
mg/kg at 315-330 cm. In Soil 2, the Fed content was 2677 mg/kg at 175-185 cm, which 
decreased to 2309 mg/kg at 185-195 cm. In Soil 3, the Fed values ranged from 2503 mg/kg, 
to 2887 mg/kg. The Fe oxide contents in Soils 1 and 2 suggested that only modest weathering 
of the layer silicate may have occurred; the stable carbon isotope analysis (discussed above) 
indicated a dry climate that would not favor significant weathering of layer silicate minerals. 
The relatively low Fed content in the Bignell Loess was comparable to that of the Bignell Hill 
site. 
4.3.7 Stabilization of organic C in the Brady soil and modern soil 
In the Brady Soil, there was little to no evidence of a correlation between smectite 
content and SOC concentration with depth that might indicate the possibility that smectite 
was the main contributor in SOC storage. The Brady Soil base horizon had the highest SOC 
concentration of 0.81%, and a smectite content of 44%. Although the Fed concentration was 
high in the base horizon of the Brady Soil at 3942 mg/kg, there was also no evidence of a 
correlation between Fed content and SOC concentration. 
In general, Soils 1 to 3 in the Bignell Loess were formed when plant productivity was 
high and or the sediment deposition was slow enough for humus production, so that topsoil 
characteristics could develop (Jacobs and Mason, 2004). The SOC concentration in the 
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Bignell Loess was lower than that of the Brady Soil, but the smectite content was uniform 
with depth. The apparently high sediment deposition rate as the Bignell Loess was being 
deposited likely minimized pedogenic activity, including oxidation of organic C and was 
likely the main contributor of SOC storage at the OWR site. 
 
4.4 Farwell Locality  
4.4.1 SOC content in the buried soils 
The distribution of organic C content with depth at the Farwell Locality is shown in 
Figure 6. The organic C concentration increased upwards with depth. At the horizon 3BA 
(202-217 cm), the organic C content was 0.47%, and increased to 0.83% in the overlying 
3Ab horizon (175-202 cm). A 2Bwb horizon occurred at a depth of 155-175 cm in which the 
organic C content was 0.74%. The 2Bwb horizon reflected a lithological break that separated 
the paleosol horizons, likely due to a different depositional unit. In the overlying 2Ab2 
horizon (135-155 cm), the organic C content increased to 1.52%, and decreased to 0.65% in 
2Ab1 horizon (90-135 cm). The SOC content of the 2Bwb horizon was 0.74%. The organic 
C at the 2Ab2 horizon (135-155 cm) was greater than that of the overlying 2Ab1 horizon.  
Alnsour (2013) observed an abundance of charcoal fragments in the buried paleosol 
horizons. The charcoal fragments were likely to have contributed the high organic C 
concentration in the buried paleosol at 2Ab1. Alnsour (2013) noted that the lateral 
distribution of charcoal and organic C in the alluvial paleosols at the Farwell Locality was 
discontinuous. Therefore, charcoal accumulation in the paleosols at the Farwell Locality, 
more likely represented human activity from hearths used for cooking (Alnsour, 2013). The 
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organic C contents in paleosol A and B, indicated that the organic C-rich horizons were 
present before being buried by younger sediments (Alnsour, 2013). 
4.4.2 Plant communities inferred from stable isotope carbon analysis 
The δ 13C values were fairly uniform in the buried paleosols, displayed in Figure 6. 
The values ranged between -22.3‰ to -20.6‰. The δ 13C values indicated that when the 
paleosols were at the land surface, a mixed plant community that consisted of C3/C4 
vegetation, but dominated by C3 vegetation. 
4.4.3 Physical and chemical properties 
The overall soil pH (Table 6) was slightly acid (6.1-6.6) throughout the soil profile. 
There was an increase in pH with the increase with depth. An increasing in pH with depth 
indicates incomplete leaching of calcium carbonate minerals due to low annual precipitation. 
The particle size distribution is shown in Figure 6. Throughout the soil profile, the 
clay content was constant with depth with an average of 37%. However, below a depth of 
202 cm the clay content decreased to 33%, indicating a lithological discontinuity. The 
lithological discontinuity reflected different depositional units that were formed in flood 
events when those deposited sediments on the land surface. There was no strong evidence of 
clay movement that occurred through the soil in upper paleosol at the Farwell Locality 
(Alnsour, 2013). 
4.4.4 Layer silicates and Fed distribution in the buried soils 
Smectite was the dominant clay mineral of the sediments at the Farwell Locality, as 
indicated in Figure 6. The smectite content was fairly uniform with depth, and ranged from 
35-43%. The vermiculite content increased upward with depth, as the vermiculite content 
was ~5% at a depth of 175-202 cm, and reached a maximum of 10% in the upper horizons 
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(90-135 cm). The clay mica content was fairly uniform throughout profile but decreased 
slightly with depth. The kaolinite content was uniform with depth throughout the profile, 
ranging from 30 to 35%. The uniform distribution of clay minerals in sediments at the 
Farwell Locality suggested little weathering of layer silicates occurred after the sediments 
were deposited. 
The free Fe oxides content at the Farwell Locality increased gradually with depth, as 
displayed in Figure 6. The lowest Fed content occurred in the lower buried A horizons, and 
the highest Fed content occurred in the upper buried A horizons. This distribution of Fe may 
reflect translocation of Fe
2+
 due to periodic reducing conditions in a floodplain soil, i.e., 
conditions that allowed Fe to migrate independently of the clay (Alnsour, 2013).  
4.4.5 Stabilization of SOC in the buried paleosols 
 The organic C concentration was high in the buried 2Ab2 horizon at a depth 135-155 
cm, as displayed in Figure 6. Although the organic C concentration was highest in the 2Ab2 
buried horizon, the smectite content was actually lower in that horizon than in the overlying 
or underlying horizons. Similarly, there was no clear relationship between organic C content 
and Fed values. Therefore, organic C content storage in the buried paleosol horizons at the 
Farwell Locality was not likely to have been a function of physical protection from Fe oxides 
and smectite. 
Organic C in the buried paleosols may have been preserved due to rapid sediment 
deposition from alluvial sources. The preservation of organic C in the buried horizons of the 
paleosols was likely due to the microbial decomposition rate being slowed down by the 
deposition of younger material (Alnsour, 2013) 
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 CHAPTER 5 
CONCLUSIONS 
 
Many studies have investigated the mechanisms and characteristics of soil organic C 
storage in modern soils. The interaction of clay minerals (e.g., smectite) and Fe oxides have 
been shown to play a role in the stabilization of organic C in some soils. In this study, we 
used soil descriptions, particle size distributions, pH, organic C, dithionite-extractable Fe, 
stable carbon isotopes, and X-ray diffraction (XRD) to better understand the storage of 
organic C in Holocene paleosols in alluvial and aeolian settings.  
The long-term stabilization of organic C did not correlate with the quantity and type 
of clay minerals in the identified buried paleosols. Smectite was the dominant clay mineral in 
the paleosols; it probably was not the primary mechanism in organic C stabilization at all 
three sites. The abundance of layer silicate clay minerals in each buried paleosol varied with 
the soil’s parent material and the degree of weathering. It was difficult to interpret any 
consistent weathering trend in the younger sediment material (i.e., Bignell Loess) at the 
upland sites. In addition, while Fed contents varied among the sites, the abundance of Fe 
oxides did not correlate with organic C abundance in the buried paleosols. The soil organic C 
found in the paleosols is derived from vegetation (C3 and C4 plants) and reflects the 
vegetation when the paleosol was at the land surface.  
Three sites were investigated, all located in Nebraska. The Bignell Hill site and Old 
Wauneta site (OWR) are upland sites that are made up aeolian derived loess sediments, while 
the Farwell Locality is an alluvial site. Located in southwestern Nebraska, the Bignell Hill 
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site is a part of the Nebraska Sand Hills in Lincoln County, and the OWR site is located in 
the loess-mantled uplands of Southwestern Nebraska, in Chase County. The stratigraphic 
sequence at the Bignell Hill and the OWR sites is Bignell Loess (thicker at the OWR site) 
overlying Peoria Loess, separated by Brady Soil developed in the upper Peoria Loess. The 
Brady Soil is identified by the presence of extensive burrowing. It has a dark A horizon with 
a relatively high organic C content and a A/Bk1/Bk2/C sequence. The Farwell Locality is 
located near South Fork of the Big Nemaha River, southeastern Nebraska. Along the South 
Fork of the Big Nemaha River, the Holocene deposits are composed of fine-grained 
sediments resembling the DeForest Formation.   
The Brady Soil contains organic C that is measurable even after 10,000 years at both 
of the upland sites of this study. Pedogenic development of the Brady Soil lasted 
approximately 2000 years, during which organic C input, structural development, and 
carbonate accumulation were the dominant pedogenic processes. Plant production led to high 
organic matter input in the early development of the Brady Soil, which was reduced at the 
end of the Brady Soil pedogenesis. Gradual accumulation of aeolian sediments on an active 
biological landscape provided fresh substrate from organic matter that was then buried by 
younger sediments, leading to increased net organic C content and enhancing long-term 
organic C storage (Jacobs and Mason, 2005). 
Approximately 9000 years ago, the sediment deposition rate increased, forming the 
Bignell Loess. The climate was warmer and drier leading to an increased sediment deposition 
rate on the Brady Soil. The aggradation of sediment on the Brady Soil led to the organic 
matter being buried and preserved over time.  
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At the Bignell Hill site, there was a generally increasing trend of organic C 
concentration with depth in the Brady Soil in cores 1 and 2. The clay content was <20%, with 
smectite being the dominant clay mineral in both cores. Although smectite was the dominant 
clay mineral, there was a relatively uniform distribution of layer silicate clay minerals in the 
Brady Soil. Small amounts of vermiculite were identified in the upper meter of the Brady 
Soil in core 2, perhaps indicative of minor weathering of layer silicates during development. 
In addition, the highest Fe oxide concentrations occurred in the Brady Soil for core 2, which 
was also consistent with weathering of primary minerals. Stable carbon isotope analyses 
revealed that during the early Holocene there was a mixed C3/C4 plant community. At the 
end of the Brady Soil pedogenesis, there was a major shift to C4 vegetation, likely caused by 
warm and dry climatic conditions.  
The SOC content of the Brady Soil and the Bignell Loess decreased upward at the 
OWR site. The relatively high organic C concentration of the Brady Soil’s lowermost 
horizon, suggested a period of high plant productivity that occurred during the early 
Holocene. The soil organic C found in the paleosols is derived from vegetation (C3 and C4 
plants) and reflects the vegetation when the paleosol was at the land surface. However, by the 
end of the Brady Soil pedogenesis, the climate became warmer and drier, favoring C4 
vegetation. The warmer and drier climate conditions were indicated by the stable carbon 
isotope analysis, as there was an overall increasing trend of δ 13C values in the Brady Soil.  
Smectite was the dominant clay mineral at the OWR site. The smectite content in the 
Brady Soil gradually decreased upward, while the clay mica content gradually increased 
upward. The abundance of layer silicate clay minerals varied with the soil’s parent material 
and degree of weathering. The upper horizons of the Brady Soil had more vermiculite than 
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the lower horizons, while the kaolinite content remained uniform with depth. Although there 
was no relation between organic C concentration and smectite content, the variations in clay 
mineralogy suggested that the source of the clay fractions in the Brady Soil was changing as 
loess deposition rates increased gradually.  
At the OWR site, soils that formed in the overlying Bignell Loess (Soil 1 to 3) 
contained lower organic C concentrations compared to the Brady Soil. The relatively low 
organic C in the Bignell Loess was likely due to rapid loess deposition that limited soil 
formation to support vegetation. The δ 13C values in the Bignell Loess were interpreted to 
represent a semi-arid to arid climate during the early middle Holocene, i.e., a climate that 
would promote high loess deposition rates.  
Variation in clay mineral distributions was difficult to discern in the Bignell Loess, 
but smectite was dominant and uniformly distributed in the Bignell Loess. In general, the 
ratio of clay mica to kaolinite was smaller than in the underlying Brady Soil, probably 
reflecting variation in the lithology of the loess source materials. The extractable Fe oxide 
content in the Bignell Loess was less than that of the Brady Soil, but there were no consistent 
weathering trends in the Bignell Loess. 
At the Farwell Locality, the organic C content was relatively high in the buried 
paleosols. However, the overall organic C content decreased with depth (Alnsour, 2013). The 
highest organic C concentrations occurred in floodplain soils that were buried by rapid 
sediment deposition from alluvial sources. Alluvial sediment deposition, likely reduced the 
decomposition rate of organic matter, which led to the preservation of organic C in the buried 
paleosols. 
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Smectite was the dominant clay mineral at the Farwell Locality, and it was uniformly 
distributed with depth. The vermiculite content increased upward with depth in the upper 
horizons, but the kaolinite content was uniform with depth. The vermiculite content 
distribution at Farwell Locality indicates that some weathering may have occurred, but most 
clay minerals were inherited from the parent material. In addition, the free Fe oxide content 
at the Farwell Locality indicated some weathering of primary layer silicates minerals 
occurred in the buried soil horizons.  
Long-term storage of organic C in the buried surface horizons of the paleosols of this 
study did not appear to be controlled by the association of soil organic matter with layer 
silicates or Fe oxides. If layer silicates (e.g., smectite) and/or Fe oxides did not correlate with 
stable organic C, found in buried paleosols, organic C storage in buried paleosols maybe a 
reflection of slow decomposition and cycling of organic C in microbial biomass. It was likely 
that microbial degradation had been very slow since the time of burial. After burial, microbes 
continued to degrade plant residues such as cellulose, lignin, and proteins into low molecular 
weight C compounds (amino acids, organic acids, sugars). The organic C content observed in 
the buried paleosols most likely represented carbon that had been assimilated by microbes in 
the buried paleosols.  
Episodes of rapid loess deposition during the early to mid-Holocene at the Bignell 
Hill and OWR sites would reduce the effect of environmental conditions that would increase 
the degradation process by microbes. The isolation from both water and oxygen would have 
been likely to slow down the decomposition rate of the original plant materials as well as the 
rate of recycling of organic C produced by microbial activities. Hence, the C present in the 
Brady Soil was likely organic C that was turning over at a very slow rate. Still, the C 
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concentration is likely to be gradually but continually reduced, as microbial activity used up 
organic C compounds for energy.  
Further research needs to be conducted to characterize the soil organic matter in the 
paleosols at all three sites. For example, analysis by nuclear magnetic resonance 
spectroscopy or other spectroscopic techniques may be useful to determine if the organic C in 
the paleosols was enriched from microbial products derived from a slow decomposition rate. 
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APPENDIX A  
SOIL DESCRIPTIONS 
 
Table A1. Bignell Hill site core 1 soil description. 
 
Depth 
(cm) 
 
Soil 
Horizon 
Description 
 
0-13 1A Dark grayish brown (10 YR 4/2) coarse Loam; moderate medium 
platy structure; moist friable; many fine and medium roots; abrupt 
boundary. 
 
13-37 2A1 Very dark gray (10 YR 3/1) Loam; weak fine subangular blocky 
structure; moist friable; Gradual boundary. 
 
37-68 2A2 Very dark grayish brown (10YR 3/2) Loam; weak fine-medium 
subangular blocky structure; moist friable; gradual boundary. 
 
68-87 B Dark grayish brown (10 YR 4/2) Loam; moderate fine-medium 
subangular blocky structure; moist friable; clear boundary. 
 
87-115 3Abk Dark brown and yellowish brown (10 YR 4/2 and 10 YR 5/5) Loam; 
weak medium subangular blocky structure; fine common roots at 87 
to 96 centimeters; slightly calcareous effervescence; moist very 
friable; gradual boundary. 
 
115-129 3Ab Brown (10 YR 4/3) Loam; weak medium subangular blocky 
structure; common fine roots; moist very friable; abrupt boundary. 
 
129-160  
 
 
 
3B 
Brown (10 YR 5/3) Loam; weak medium subangular blocky 
structure; few fine roots; moist very friable; gradual boundary. 
 
160-184 Brown (10 YR 5/3) Loam; weak fine-medium subangular blocky 
structure; common fine roots; moist very friable; abrupt boundary. 
 
184-221 Brown (10 YR 5/3) Loam; weak fine subangular blocky structure; 
moist very friable; few fine roots; gradual boundary. 
 
 
 
221-234 
 
 
3Bk1 
 
Dark grayish brown and light brown (10 YR 4/2 and 10 YR 5/3) silt 
loam; moderate medium subangular blocky structure; moist friable; 
few fine distinct very light gray (10 YR 7/1) calcareous root 
pseudomorph fillings; gradual boundary. 
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234-246 3Bk2 Light brown and dark grayish brown (10 YR 5/3 and 10 YR 4/2) silt 
loam; moderate medium subangular blocky structure; moist friable; 
few fine roots, common distinct very light gray (10 YR 7/1) 
calcareous fillings; abrupt boundary. 
 
246-256 4A1bk Dark grayish brown (10 YR 4/2) Loam; moderate medium 
subangular blocky structure; moist friable; few fine root; few fine 
pores; common distinct very light gray (10 YR 7/1) calcareous 
channel fillings; clear boundary. 
 
256-275 4A2bk Very dark grayish brown (10 YR 3/2) silt loam; moderate fine 
subangular blocky structure; moist friable; few fine root; few fine 
pores; common distinct very light gray (10 YR 7/1) calcareous 
pseudomorph root fillings; gradual boundary. 
 
275-280 4A3b Very dark grayish brown and dark grayish brown (10 YR 3/2 and 10 
YR 4/2) silt loam; moderate fine subangular blocky structure; moist 
friable; few distinct grayish brown (10 YR 5/2) channel fillings; clear 
boundary. 
 
280-290 Bw Grayish brown (10 YR 5/2) silt loam; weak fine subangular blocky 
structure; very moist friable; clear boundary. 
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Table A2. Bignell Hill site core 2 soil description. 
Depth 
(cm) 
 
Soil 
Horizon 
 
 
Description 
 
 
0-14 A1 Mixed color very dark brown and dark grayish brown (10 YR 2/2 and 10 
YR 4/2) loam; weak medium platy structure; moist friable; many fine and 
medium roots; clear boundary. 
 
14-30 A2 Very dark brown (10 YR 2/2) loam; moderate medium subangular blocky 
structure; moist friable; common fine and medium roots; clear boundary. 
 
30-54 A3 Very dark grayish brown (10 YR 3/2) loam; moderate medium 
subangular blocky structure; moist friable; few fine roots; few fine pores; 
gradual boundary. 
 
54-78 B1 Dark grayish brown (10 YR 4/2) loam; moderate medium subangular 
blocky structure; moist friable; common fine roots; few fine pores; 
gradual boundary. 
 
78-113 B2 Brown (10 YR 4/3) loam; weak medium subangular blocky structure; 
very moist friable; common fine roots; few fine pores; clear boundary. 
 
113-134  
 
Bk1 
Brown (10 YR 5/3) silt loam; weak medium subangular blocky structure; 
moist friable; calcareous; few fine pores; gradual boundary. 
134-165 Brown (10 YR 5/3) loam; weak medium subangular blocky structure; 
moist friable; calcareous; few fine pores; few fine roots; gradual 
boundary. 
 
165-191  
 
Bk2 
Pale brown (10 YR 6/3) silt loam; weak fine subangular blocky structure; 
moist friable; calcareous; gradual boundary. 
 
191-207 Pale brown (10 YR 6/3) sandy loam; weak fine subangular blocky 
structure; moist friable; calcareous; gradual boundary. 
 
207-226 Bk3 Pale brown and brown (10 YR 6/3 and 10 YR 5/3) loam; weak medium 
subangular blocky structure; moist friable; few very fine roots; few fine 
pores; few distinct very light gray (10 YR 7/1) calcareous fillings; 
gradual boundary. 
 
226-241 Bk4 Brown (10 YR 5/3) silt loam; weak medium subangular blocky structure; 
moist friable; few fine pores; few very light gray (10 YR 7/1) calcareous 
fillings; clear boundary. 
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241-249 2ABk Brown (10 YR 4/3) silt loam; weak medium subangular blocky structure; 
moist friable; few fine pores; few very light gray (10 YR 7/1) calcareous 
fillings; abrupt boundary. 
 
249-260 3ABk1 Mixed colors of brown and very dark gray (10 YR 5/3 and 10 YR 3/1) silt 
loam; weak medium subangular blocky structure; moist friable; few very 
fine pores; few very light gray (10 YR 7/1) calcareous fillings; abrupt 
boundary. 
 
260-276 3ABk2 Mixed colors of very dark gray and brown (10 YR 3/1 and 10 YR 4/3) 
loam; weak medium subangular blocky structure; moist friable; common 
very light gray (10 YR 7/1) calcareous fillings; clear boundary. 
 
276-285 2B 276 to 285 centimeters; brown (10 YR 4/3) silt loam; weak medium 
subangular blocky structure; moist friable. 
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Table A3. Old Wauneta Roadcut (OWR) site soil description. 
Date described: 05/20/02 
Described by: Joe Mason (Univ. of Wisconsin-Madison); transcribed from field notes by 
E.A. Bettis III. 
Remarks: all colors moist; original descriptions 05/20/02, composite of Old road cut 
description to 323cm and New road cut description below that; samples collected for this 
study by Mandel (RDM) and Bettis (EAB) 8/13/13 from Old Road cut section only 
 
Depth 
 (cm) 
 
 
Soil 
Horizon 
 
 
Description 
  Bignell Loess 
 
0-10 CA Grayish brown (2.5Y5/2) very fine sandy loam, very weak medium 
prismatic breaking to weak medium subangular blocky, very friable, 
weak effervescence in upper 4-5cm noneffervescent below, clear 
boundary 
 
34-38 3ACb Dark grayish brown (10YR4/2) very fine sandy loam, very weak 
medium prismatic breaking to weak medium subangular blocky, 
moderate effervescence, clear boundary 
   
50-55 4ACb Dark grayish brown (2.5Y4/2) very fine sandy loam, very weak 
medium prismatic breaking to very weak medium subangular blocky, 
very friable, moderate granular fabric on ped faces, moderate 
effervescence, clear boundary 
 
70-90 5A1b Very dark grayish brown (10YR3/2) very fine sandy loam, weak 
medium to fine subangular blocky, friable, noneffervescent, few very 
fine secondary carbonate accumulations, stronger granular fabric on 
ped faces; clear boundary 
 
90-110 5A2b Dark grayish brown (2.5Y4/2) very fine sandy loam, weak medium 
to fine subangular blocky, friable, noneffervescent, stronger granular 
fabric on ped faces, clear boundary 
 
175-185 6CAkb Grayish brown (2.5Y5/2) very fine sandy loam or coarse silt loam, 
weak coarse prismatic breaking to weak medium subangular blocky, 
friable, moderate granular fabric on ped faces, common very fine 
secondary carbonate filaments, clear boundary 
 
185-195 6BCkb Brown (10YR5/3) very fine sandy loam to coarse silt loam, weak 
coarse prismatic breaking to weak medium subangular blocky, 
moderate granular fabric on ped faces, strong effervescence, few fine 
soft carbonate accumulations, clear boundary 
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270-285  
 
 
 
7Ab 
Dark grayish brown (10YR4/2) silt loam, weak fine subangular 
blocky, weak fine granular structure in places, friable, moderate 
effervescence, gradual boundary 
 
285-300 Dark grayish brown (10YR4/2) silt loam, weak fine subangular 
blocky, weak fine granular structure in places, friable, moderate 
effervescence, gradual boundary 
 
300-315  
 
 
 
7BCkb 
Grayish brown to dark grayish brown (10YR5/2-4/2) very fine sandy 
loam, weak fine subangular blocky, friable, strong effervescence, 
common very fine soft carbonate accumulations, gradual boundary 
 
315-330 Grayish brown to dark grayish brown (10YR5/2-4/2) very fine sandy 
loam, weak fine subangular blocky, friable, strong effervescence, 
common very fine soft carbonate accumulations, gradual boundary 
 
  Brady Paleosol formed in Peoria Loess 
 
595-610  
 
 
 
9Ak1b 
Black and very dark gray (10YR2/1&3/1) silt loam, weak to 
moderate fine subangular blocky, friable, strong effervescence, many 
fine carbonate filaments, clear boundary 
 
610-625 Black and very dark gray (10YR2/1&3/1) silt loam, weak to 
moderate fine subangular blocky, friable, strong effervescence, many 
fine carbonate filaments, clear boundary 
 
625-640 9Ak2b Black and very dark gray (10YR2/1&3/1) silt loam, weak fine 
subangular blocky, friable, strong effervescence, many fine carbonate 
filaments, many 5-8cm diameter cylindrical burrows, gradual 
boundary 
 
640-655 9ABkb Very dark gray and very dark grayish brown (10YR3/1&3/2) silt 
loam, moderate fine subangular blocky, friable, strong effervescence, 
many fine carbonate filaments, ubiquitous but faintly visible 4-8mm 
diameter cylindrical burrows, clear boundary 
 
655-670 9Bk1b Yellowish brown (10YR5/4) silt loam, moderate fine subangular 
blocky, friable, strong effervescence, common fine carbonate 
filaments, ubiquitous 5-10mm diameter burrows filled with very dark 
gray (10YR3/1) silt loam, gradual boundary 
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Table A4. Farwell Locality soil description (Alnsour, 2013). 
 
Depth (cm) 
 
Soil 
Horizon 
 
Description 
90-135 2Ab1 
Very dark gray (10 YR 3/1), weak medium prismatic and moderate 
medium subangular blocky structure, occasional modern roots, 
common continuous brownish black (10 YR 3/2) channel coatings and 
common continuous very dark gray (10YR 3/1) coatings of vertical 
ped faces; gradual smooth boundary 
 
135-155 2Ab2 
Very dark gray (10 YR 3/1), very firm, moderate medium subangular 
blocky structure, few fine distinct dark yellowish brown (10YR 5/4) 
redoximorphic features, occasional modern roots, common charcoal 
fragments, gradual smooth boundary 
 
155-175 2Bwb 
Mixed colors of very dark gray (10 YR 3/1) and dark grayish brown 
(10 YR 4/2), very firm, moderate medium subangular blocky 
structure, few fine distinct dark yellowish brown (10YR 5/4) 
redoximorphic features few modern roots, gradual smooth boundary 
 
175-202 3Ab 
Very dark gray (10 YR 3/1), very firm, moderate coarse subangular 
blocky structure, very dark gray (10 YR 3/1) channel coatings, 
abundant charcoal. 
 
202-217 3BA 
Dark grayish brown (10 YR 4/2), very firm, moderate coarse 
subangular blocky structure, very dark gray (10 YR 3/1) channel 
coatings with ped coating of very dark gray (10 YR 3/1), abundant 
charcoal, occasional modern roots, gradual boundary. 
 
 
217-255 3C 
Dark grayish brown (10 YR 4/2), very firm, massive structure, no 
roots observed, very dark gray (10 YR 3/1) channel coatings   
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APPENDIX B  
PARTICLE SIZE DISTRIBUTIONS AND CLAY MINERALOGY 
 
Table B1. Bignell Hill site core 1 particle size distribution. 
 Depth  Horizon Soil Color Texture Sand 
Coarse 
Silt 
Fine 
Silt 
Clay 
cm 
   
2-0.05 50-20 20-2 < 2 
  
   
mm µm µm µm 
 
% 
0-13 1A 10 YR 4/2 loam 43 33 7 18 
13-37 2A1 10 YR 3/1 loam 39 33 7 21 
37-68 2A2 10YR 3/2 loam 35 38 7 20 
68-87 B 10 YR 4/2 loam 36 37 5 21 
87-115 3Abk 
10 YR 4/2 & 
10 YR 5/5 
loam 36 39 8 16 
115-129 3Ab 10 YR 4/3 loam 42 35 8 15 
129-160 
3B 
10 YR 5/3 loam 45 32 8 15 
160-184 10 YR 5/3 loam 48 30 9 13 
184-221 10 YR 5/3 loam 39 37 10 14 
221-234 3Bk1 
10 YR 4/2 & 
10 YR 5/3 
silt loam 28 38 15 18 
234-246 3Bk2 
10 YR 5/3 & 
10 YR 4/2 
silt loam 31 35 19 16 
246-256 4A1bk 10 YR 4/2 loam 39 30 19 13 
256-275 4A2bk 10 YR 3/2 silt loam 31 31 18 20 
275-280 4A2bk 
10 YR 3/2 & 
10 YR 4/2 
silt loam 30 30 24 16 
280-290 Bw 10 YR 5/2 silt loam 32 32 19 18 
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Table B2. Bignell Hill site core 2 particle size distribution. 
Depth  Horizon Soil Color Texture Sand 
Coarse 
Silt 
Fine 
Silt 
Clay 
cm 
   
2-0.05 50-20 20-2 < 2 
  
   
mm µm µm µm 
 
% 
0-14 A1 
10 YR 2/2 & 
10 YR 4/2 
loam 42 32 7 19 
14-30 A2 10 YR 2/2 loam 40 33 8 20 
30-54 A3 10 YR 3/2 loam 41 33 7 19 
54-78 B1 10 YR 4/2 loam 44 30 7 19 
78-113 B2 10 YR 4/3 loam 41 35 8 15 
113-134 
Bk1 
10 YR 5/3 silt loam 34 42 10 14 
134-165 10 YR 5/3 loam 47 30 10 12 
165-191 
Bk2 
10 YR 6/3 silt loam 38 36 14 12 
191-207 10 YR 6/3 loam 50 29 8 13 
207-226 Bk3 
10 YR 6/3 & 
10 YR 5/3 
loam 38 36 10 16 
226-241 Bk4 10 YR 5/3 silt loam 31 35 19 14 
241-249 2ABk 10 YR 4/3 silt loam 34 37 13 16 
249-260 3ABk1 
10 YR 5/3 & 
10 YR 3/1 
silt loam 30 35 17 17 
260-276 3ABk2 
10 YR 3/1 & 
10 YR 4/3 
loam 38 19 22 21 
276-285 2B 10 YR 4/3 silt loam 27 31 21 21 
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Table B3. Old Wauneta Roadcut (OWR) particle size distribution. 
Depth  Horizon Soil Color Texture Sand 
Coarse 
Silt 
Fine Silt Clay 
cm 
 
 
 
2-0.05 50-20 20-2 < 2 
  
 
 
 
mm µm µm µm 
 
% 
0-10 CA 2.5 Y 5/2 sandy loam 55 26 12 7 
34-38 3ACb 10 YR 4/2 sandy loam 55 26 4 15 
50-55 4ACb 2.5 Y 4/2 sandy loam 50 29 5 15 
70-90 5A1b 10 YR 3/2 sandy loam 59 20 13 9 
90-110 5A2b 2.5 Y 4/2 sandy loam 52 27 3 18 
175-185 6CAkb 2.5 Y 5/2 sandy loam 52 28 6 15 
185-195 6BCkb 10 YR 5/3 sandy loam 58 20 13 10 
270-285 
7Ab 
10 YR 4/2 silt loam 47 33 6 14 
285-300 10 YR 4/2 silt loam 54 3 34 8 
300-315 
7BCkb 
10YR5/2 & 
10 YR 4/2 
sandy loam 56 24 5 15 
315-330 
10YR5/2 & 
10 YR 4/2 
sandy loam 55 27 4 14 
595-610 
9Ak1b 
10 YR 2/1 
&10 YR 3/1 
silt loam 39 33 16 12 
610-625 
10 YR 2/1 
&10 YR 3/1 
silt loam 38 31 16 15 
625-640 9Ak2b 
10 YR 2/1 
&10 YR 3/1 
silt loam 41 27 20 12 
640-655 9ABkb 
10 YR 3/1 
&10 YR 3/2 
silt loam 42 23 24 11 
655-670 9Bk1b 10 YR 5/4 silt loam 43 22 23 12 
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Table B4. Farwell Locality particle size distribution (Alnsour, 2013). 
Depth  Horizon Soil Color Texture Sand 
Coarse 
Silt 
Fine 
Silt 
Clay 
cm 
   
2-0.05 50-20 20-2 < 2 
  
   
mm µm µm µm 
 
% 
90-135 2Ab1 10 YR 3/1 
silty clay 
loam 
1 24 38 37 
135-155 2Ab2 10 YR 3/1 
silty clay 
loam 
1 22 42 35 
155-175 2Bwb 
10 YR 3/1 & 
10 YR 4/2 
silty clay 
loam 
0 25 37 38 
175-202 3Ab 10 YR 3/1 
silty clay 
loam 
2 24 35 39 
202-217 3BA 10 YR 4/2 
silty clay 
loam 
7 31 29 33 
 
 
Table B5. Bignell Hill site core 1 clay mineralogy.  
Depth  Horizon 
Clay Mineral (Mass % from XRD 
patterns)  
cm  
Smectite Vermiculite 
Clay 
Mica 
Kaolinite Clay Mica/Kaolinite 
 
 
% 
 
221-234 3Bk1 72 0 9 19 0.5 
234-246 3Bk2 63 0 16 21 0.8 
246-256 4A1bk 69 0 14 17 0.8 
256-275 4A2bk 63 0 16 20 0.8 
275-280 4A2bk 69 0 17 14 1.2 
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Table B6. Bignell Hill  site core 2 clay mineralogy.  
Depth  
 
Horizon 
 
 
Clay Mineral (Mass % from XRD patterns) 
 
 
cm 
 
Smectite Vermiculite 
Clay 
Mica 
Kaolinite 
Clay 
Mica/Kaolinite 
  
% 
 
207-226 Bk3 69 0 12 19 0.7 
226-241 Bk4 68 3 11 19 0.6 
241-249 2ABk 62 0 20 19 1.1 
249-260 3ABk1 72 0 14 14 1.0 
260-276 3ABk2 66 0 18 16 1.1 
 
 
Table B7. Old Wauneta Roadcut (OWR) clay mineralogy.  
Depth  Horizon 
 
Clay Mineral (Mass % from XRD patterns) 
 
 
cm 
 
Smectite Vermiculite 
Clay 
Mica 
Kaolinite 
Clay 
Mica/Kaolinite 
  
% 
 
70-90 5A1b 45 2 19 34 0.6 
90-110 5A2b 49 4 15 33 0.5 
175-185 6CAkb 35 9 21 36 0.6 
185-195 6BCkb 45 2 20 32 0.6 
270-285 
7Ab 
54 2 16 29 0.5 
285-300 47 6 17 30 0.6 
300-315 
7BCkb 
40 3 25 32 0.8 
315-330 45 3 25 27 0.9 
595-610 
9Ak1b 
34 4 31 31 1.0 
610-625 43 7 19 31 0.6 
625-640 9Ak2b 48 3 18 30 0.6 
640-655 9ABkb 44 0 24 32 0.7 
655-670 9Bk1b 51 0 12 36 0.3 
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Table B8. Farwell Locality clay mineralogy.  
Depth  Horizon 
 
Clay Mineral (Mass % from XRD 
patterns) 
 
 
cm 
 
Smectite Vermiculite 
Clay 
Mica 
Kaolinite 
Clay 
Mica/Kaolinite 
  
% 
 
90-135 2Ab1 43 8 16 33 0.5 
135-155 2Ab2 35 8 21 36 0.6 
155-175 2Bwb 43 1 24 33 0.7 
175-202 3Ab 35 4 31 30 1.0 
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APPENDIX C  
GEOCHEMISTRY AND FE OXIDES 
 
Table C1. Bignell Hill site core 1 geochemistry. 
 
Depth  
 
Horizon OC N C/N δ 13C ᵟN15 Fed Feo Feo/Fed 
cm 
 
%  ‰ mg/kg 
 
0-13 1A 1.18 0.11 11.1 -15.2 3.5 2566 623 0.243 
13-37 2A1 0.49 0.05 10.3 -14.5 6.3 2710 570 0.210 
37-68 2A2 0.44 0.05 9.3 -15.0 4.6 2483 523 0.210 
68-87 B 0.32 0.04 8.8 -16.0 4.0 2417 524 0.217 
87-115 3Abk 0.26 0.03 9.0 -16.8 3.5 1941 523 0.270 
115-129 3Ab 0.19 0.02 11.3 -17.5 1.4 1902 473 0.249 
129-160 
3B 
0.16 0.02 8.2 -17.9 3.6 1833 525 0.286 
160-184 0.18 0.02 8.7 -18.6 2.3 2054 523 0.255 
184-221 0.18 0.02 9.4 -17.3 3.7 1906 469 0.246 
221-234 3Bk1 0.24 0.02 9.9 -17.6 1.8 2971 776 0.261 
234-246 3Bk2 0.34 0.03 10.6 -17.3 3.3 2566 575 0.224 
246-256 4A1bk 0.38 0.03 11.5 -17.1 4.2 2857 625 0.219 
256-275 4A2bk 0.57 0.05 11.7 -17.6 4.5 3374 676 0.201 
275-280 4A2bk 0.54 0.04 13.2 -18.7 2.1 3224 727 0.225 
280-290 Bw 0.29 0.03 11.4 -19.4 3.7 3151 880 0.279 
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Table C2. Bignell Hill site core 2 geochemistry. 
 
Depth  
 
Horizon OC N C/N δ 13C δ 15N Fed Feo Feo/Fed 
cm 
 
%  ‰ mg/kg 
 
0-14 A1 0.82 0.08 10.7 -15.8 4.2 2272 625 0.275 
14-30 A2 0.53 0.05 11.2 -15.1 6.0 2568 551 0.214 
30-54 A3 0.42 0.04 10.8 -15.0 4.7 2345 526 0.224 
54-78 B1 0.37 0.04 10.3 -16.0 3.4 2235 576 0.258 
78-113 B2 0.25 0.03 8.8 -17.1 3.4 1981 525 0.265 
113-134 
Bk1 
0.17 0.02 9.3 -17.3 4.3 1760 525 0.298 
134-165 0.15 0.01 10.4 -18.8 2.4 1907 525 0.275 
165-191 
Bk2 
0.16 0.02 8.6 -18.4 2.3 1756 524 0.298 
191-207 0.14 0.02 9.3 -18.1 3.6 1907 624 0.327 
207-226 BK3 0.19 0.02 12.5 -17.9 1.3 2123 526 0.248 
226-241 Bk4 0.64 0.02 27.0 -21.2 2.7 2713 626 0.231 
241-249 2ABk 0.71 0.03 24.1 -23.3 3.8 2489 576 0.231 
249-260 3ABk1 0.74 0.03 21.9 -23.2 2.8 2713 526 0.194 
260-276 3ABk2 0.71 0.04 17.9 -21.4 3.8 3220 727 0.226 
276-285 2B 0.54 0.03 18.9 -24.1 3.9 4183 878 0.210 
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Table C3. Old Wauneta Roadcut (OWR) geochemistry. 
Depth   Horizon OC N C/N δ 13C δ 15N Fed Feo Feo/Fed 
cm   %  ‰ mg/kg  
0-10 CA 0.88 0.08 10.5 -16.7 3.0 2791 1026 0.368 
34-38 3ACb 0.63 0.06 10.8 -16.1 4.2 2791 1782 0.639 
50-55 4ACb 0.50 0.05 10.2 -15.9 4.0 2695 1331 0.494 
70-90 5A1b 0.55 0.05 10.8 -17.3 3.6 2503 524 0.209 
90-110 5A2b 0.54 0.05 10.4 -17.1 3.3 2887 828 0.287 
175-185 6CAkb 0.34 0.04 9.4 -16.6 1.3 2677 777 0.290 
185-195 6BCkb 0.30 0.03 10.0 -16.2 2.0 2309 673 0.291 
270-285 
7Ab 
0.27 0.03 10.5 -15.7 2.3 2971 775 0.261 
285-300 0.31 0.03 10.7 -15.7 3.2 2405 674 0.280 
300-315 
7BCkb 
0.33 0.03 11.1 -16.2 2.7 2899 726 0.250 
315-330 0.28 0.03 10.1 -16.0 2.3 2604 726 0.279 
595-610 
9Ak1b 
0.43 0.03 13.5 -16.4 2.3 3556 574 0.161 
610-625 0.51 0.04 14.1 -17.3 2.8 3848 725 0.188 
625-640 9Ak2b 0.65 0.04 14.5 -17.9 2.6 2791 676 0.242 
640-655 9ABkb 0.81 0.06 13.9 -19.0 2.4 3942 778 0.197 
655-670 9Bk1b 0.57 0.04 13.4 -19.9 1.3 4231 925 0.219 
 
 
Table C4. Farwell Locality geochemistry (Alnsour, 2013). 
Depth  Horizon OC N C/N δ 13C δ 15N Fed 
cm 
 
%  ‰ mg/kg 
90-135 2Ab1 0.65 0.10 22.2 -21.57 5.6 5878 
135-155 2Ab2 1.52 0.13 13.1 -20.57 5.3 6229 
155-175 2Bwb 0.74 0.13 17.8 -21.22 5.4 6285 
175-202 3Ab 0.83 0.16 18.5 -22.27 6.7 5519 
202-217 3BA 0.47 0.11 22.4 -21.47 4.5 5100 
 
